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ABSTRACT 

 

The upper troposphere and lower stratosphere (UTLS) is a coupling region in the atmosphere in 

which air typically has characteristics of both the troposphere and stratosphere. This region is 

distinct in radiation, dynamics, chemistry, and microphysics, and a strong connectivity amongst 

these different processes makes it highly susceptible to climate change. Stratosphere-troposphere 

exchange across the tropopause is an important bidirectional process influencing the chemistry of 

the UTLS. Deep convection plays a large role in this exchange through the direct convective 

injection of water vapor into the lower stratosphere, by enhancing thin cirrus cloud presence, and 

by modulating the ozone budget. Many of these processes are also influenced by the extremely 

low temperatures at these altitudes. Therefore, understanding the role convection plays in the 

heat budget of the UTLS is paramount in climate research. In this dissertation, firstly, the UTLS 

vertical temperature structure changes near deep convection are quantified throughout two 

tropical regions. Deep convection observed from the Tropical Rainfall Measuring Mission 

(TRMM) satellite is collocated with high vertical resolution temperature profiles from COSMIC 

GPS Radio Occultation (RO) satellites along with ERA-Interim reanalysis from 2007 to 2011. A 

distinct layered structure of upper tropospheric warm anomalies, tropopause-level cool 

anomalies, and lower stratospheric warm anomalies is observed. The amplitude of temperature 

anomalies increases for deeper convection, marked by higher 20 dBZ radar echo top heights or 

colder infrared cloud-top temperatures. UTLS diurnal temperature variation also increases in 

both regions near deep convection. Secondly, to further examine the relationship between 

convection and UTLS temperatures, precipitation systems with different sizes, depths, and 

surface types are analyzed within different synoptic environments throughout the extratropics. 
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Precipitation features (PFs) observed by the Global Precipitation Measurement (GPM) satellite 

are collocated with nearby GPS RO temperature profiles from 2014 to 2017. PFs are classified as 

non-deep stratospheric intrusion (non-DSI; more likely to be related to thermodynamic 

instability) or deep stratospheric intrusion (DSI; related to strong dynamic effects on the 

tropopause through folding) using potential vorticity. Non-DSI PFs introduce a similar vertical 

UTLS temperature anomaly structure to the tropics, whereas DSI PFs are mainly associated with 

major cooling from the mid-troposphere to just above the tropopause. These warm and cool 

anomalies also display strong seasonal variations from the subtropics to the high latitudes. 

Additionally, small but deeper non-DSI PFs typically result in lower lapse rate tropopause (LRT) 

heights, whereas large size but shallower PFs lead to a higher LRT. On the other hand, DSI PFs 

are almost always associated with large LRT height decreases. Finally, the unique characteristics 

of the extratropical tropopause are analyzed by illustrating when and where bimodal tropopause 

height distributions occur and how they relate to different synoptic environments and the 

occurrence of double tropopauses within individual temperature profiles. Tropopause heights are 

calculated and analyzed seasonally using COSMIC GPS RO temperature profiles from 2006-

2017. Tropopause bimodality occurs within the subtropics (between 20°-40°) and a distinct 

seasonality is observed, with bimodality occurring most frequently in winter due to a stronger 

subtropical jet stream. The region with a bimodal tropopause distribution nearly overlaps with 

the region that experiences a high frequency of double tropopauses (DTs). DT occurrence 

frequency is highest in winter along the poleward edge of the bimodal band. However, when 

analyzing profiles with only a single tropopause identified, bimodality occurs much less 

frequently and is reduced in meridional extent. These results suggest that seasonal tropopause 

bimodality is caused by two different factors, as the occurrences of double tropopauses strongly 
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influence the tropical side of the bimodal band while single tropopause profiles that are more 

tropical in nature strongly influence the poleward side. The results shown in this dissertation 

display the unique characteristics of the UTLS and the noteworthy impact that both tropical and 

extratropical precipitation systems have on its thermodynamic structure. Additionally, these 

results suggest there are intricate relationships between different types of precipitation systems 

and their properties to the types of temperature anomalies that they produce. This study will 

enhance the community’s understanding of both tropical and extratropical convection, 

stratosphere-troposphere exchange processes, and tropopause characteristics. 
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CHAPTER I: INTRODUCTION 

The upper troposphere and lower stratosphere (UTLS) is a coupling region in the 

atmosphere in which air typically has characteristics of both the troposphere and stratosphere 

(Gettelman & Birner, 2007; Peevey et al., 2014). It is generally defined as the region ±5 km 

around the tropopause (Gettelman et al., 2011), which is the boundary between the troposphere 

and stratosphere and plays a crucial role in UTLS processes (Holton et al., 1995; Haynes et al., 

2001). The UTLS is distinct in radiation, dynamics, chemistry, and microphysics, and a strong 

connectivity amongst these different processes makes the UTLS highly susceptible to climate 

change (Birner, 2006). For example, the UTLS has an important influence on 

troposphere/stratosphere chemical composition and on radiation escaping to space due to relative 

minimum temperatures and thin cirrus cloud formation at these altitudes, which affects the 

surface climate and climate feedbacks (Gettelman et al., 2011). The dynamics of the UTLS may 

also influence stratospheric annular modes and their effects on the troposphere. This means the 

UTLS is important for influencing the persistence of tropospheric weather regimes in the middle 

and high latitudes, so a better understanding of the UTLS could allow for improved weather 

predictability (Gettelman et al., 2011). 

The boundary that separates the turbulently-mixed troposphere and the more stable 

stratosphere (Anel et al., 2008) is known as the tropopause and it is one of the most important 

regions of the atmosphere. Characteristics of the tropopause are important because the 

tropopause acts as a “two‐way gate” for the exchange of mass, water vapor, and chemical 

species between the troposphere and stratosphere (Fueglistaler et al., 2009). A fundamental 

characteristic of the tropopause is the change in static stability across the interface (Randel et al., 

2007). The WMO definition of the tropopause is based on thermal criteria using the temperature 



                                                

  

   

2 
 

lapse rate (lapse rate tropopause, or LRT) and provides a convenient way to define the 

tropopause (World Meteorological Organization (WMO), 1986). The tropopause can also be 

defined by more general stability criteria using the potential vorticity-based dynamical 

tropopause (Hoskins et al., 1985) or the ozone-based chemical tropopause (Pan et al., 2004). The 

long‐term variability and trends of the tropopause height have been recognized as a climate 

change indicator (Birner, 2006; Homeyer et al., 2010) because the tropopause is located in a 

region of minimum temperatures and is sensitive to changes in the concentration of radiatively 

active species in the UTLS (Gettelman et al., 2011; Peevey et al., 2014). For example, Santer et 

al. (2003) showed that tropopause height is closely associated with tropospheric warming and 

stratospheric cooling. Global tropopause height is controlled by many interacting processes, such 

as radiation, the effect of baroclinic eddies, the stratospheric mean meridional circulation, and 

deep convection (Stohl et al., 2003). Thus, continuous identification and monitoring of the 

tropopause has become an important topic in atmospheric and climate research and enhanced 

understanding of tropopause behavior, especially in relation to deep convection, can contribute 

knowledge to a variety of meteorological topics (Feng et al., 2011; Randel et al., 2007).  

Stratosphere-troposphere exchange (STE) across the tropopause is an important 

bidirectional process influencing the chemistry of the UTLS (Holton et al., 1995). Many recent 

studies have focused on understanding the role convection plays in STE throughout the tropics 

(e.g. Grosvenor et al., 2007; Fueglistaler et al., 2009; Hassim & Lane, 2010) since radiative-

convective balance is the dominant physical process in the region (Held, 1982). Deep convection 

influences climate processes by regulating stratospheric water vapor through direct convective 

injection, by enhancing thin cirrus cloud presence, and by modulating the ozone budget in the 

upper troposphere (Sherwood et al., 2003; Kim & Dessler, 2004; Pan et al., 2004). Water vapor 
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is the most important greenhouse gas in the atmosphere, and even though it is of low abundance 

in the UTLS, it plays a significant role in the radiative budget at this altitude (Fueglistaler et al., 

2009). Additionally, understanding stratospheric hydration/dehydration processes due to deep 

convection requires accurate measurements of temperature and circulation changes in the UTLS 

(Randel et al., 2003). This has resulted in attempting to understand the role convection plays in 

the heat budget of the UTLS becoming a prominent research topic over the past few decades, 

especially in the tropics. For example, Sherwood et al. (2003) observed warm anomalies in the 

mid-to-upper troposphere over the Indian and western Pacific Ocean convective regions from 

radiosonde data, and Gettelman and Birner (2007) also detected warm anomalies at these 

altitudes using two climate models. Near the tropopause, Holloway and Neelin (2007) found cool 

anomalies using a combination of AIRS satellite and radiosonde data, while more recently, 

Paulik and Birner (2012), Khaykin et al. (2013), Xian and Fu (2015), and Kim et al. (2018) also 

observed cool anomalies using GPS radio occultation (RO) profiles. However, the amplitude of 

warm and cool temperature anomalies varied significantly between these studies from ±0.5 K to 

as much as ±5 K. Thus, the overall effects of convection on the UTLS temperature structure and 

the contribution of various dynamical processes towards these anomalies are still not well 

quantified. While many studies have observed UTLS temperature changes due to tropical deep 

convection, few, if any, have studied deep convective temperature anomalies on a diurnal scale 

or examined the distinct anomaly differences that can be caused by convective land-ocean 

contrast.  Separating land and ocean convection is very important because of the large 

differences in both the intensity and diurnal variation of the convection. For example, based on 

TRMM observations, the typical peak of land convection is concentrated during the late-

afternoon local time while oceanic convection has a much weaker diurnal structure, with a mild 
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peak seen in the early morning (Liu and Zipser, 2009). Additionally, over land, the mature and 

more organized convective systems typically appear later in the evening compared to earlier in 

the afternoon for more isolated convection. Thus, such a strong diurnal variation in frequency 

and intensity may affect the UTLS temperature structure very differently.   

  On the other hand, the relationship of extratropical convection to UTLS temperature and 

tropopause height changes has attracted much less attention. While this is partly because detailed 

observations of extratropical convection with good diurnal coverage were not widely available 

before the GPM era, it is also because a variety of other dynamical processes have been 

identified to be associated with extratropical STE (Sprenger et al., 2007), making it difficult to 

quantify their relative contributions. These processes include tropopause folds near the 

subtropical and polar jets due to baroclinic wave dynamics (Danielsen, 1968; Baray et al., 2000), 

cutoff lows (Price & Vaughan, 1993), gravity wave breaking (Lamarque et al., 1996), and 

mesoscale convective complexes (Poulida et al., 1996). For example, significant STE occurs due 

to turbulent mixing during baroclinic tropopause folds (Reid & Vaughan, 2004), and these folds 

can even reach nearly as low as the boundary layer (Vaughan et al., 1994). Additionally, 

simulations have shown that a large fraction of STE near folds occurs due to deep convection 

below the depressions in the tropopause (Gray, 2003). Note that the global-scale aspects of 

extratropical STE over longer timescales has been described in previous reviews (e.g. Holton et 

al., 1995). However, it is critical to study synoptic and mesoscale extratropical storms and their 

relationship to UTLS temperatures to better understand extratropical STE on shorter timescales. 

Additionally, the boundary between the tropics and extratropics is often characterized by 

a split in the tropopause rather than a smooth transition. This results in tropopause discontinuities 

observed near the subtropical jet. At and poleward of these breaks, multiple tropopauses or stable 
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layers have been found in the thermal structure of the atmosphere using radiosonde data (Seidel 

& Randel, 2006). Much research has been done over the past few decades to better characterize 

this thermal structure. For example, it has been shown that a large percentage of temperature 

profiles display a double tropopause during the midlatitude winter (40-80%) and this frequency 

decreases into the summer (Peevey et al., 2012; Schmidt et al., 2006). Randel et al. (2007) 

showed that double tropopauses occur when the low latitude (tropical) tropopause extends to 

higher latitudes, overlying the lower tropopause. Seidel & Randel (2007) also showed using 

radiosonde data that at similar latitudes in the subtropics, the tropopause heights can display a 

bimodal structure. In these regions, the tropopause is sometimes at the height of the tropical 

tropopause and other times at a height typical of the extratropical tropopause and there is a clear 

separation of about 3–5 km between the modes. Most importantly, they state that this feature is 

not simply a reflection of seasonal variability, but tropopause heights were not analyzed 

seasonally in the study. The location and strength of the subtropical jet is known to vary 

considerably with season, which could have an impact on when and where bimodality occurs. 

Space-borne radar observations from TRMM have been widely used in identifying the 

vertical extent of deep convection throughout the tropics with a long record of convection data 

stretching back to 1997. In the extratropics, highly sensitive radar and lidar measurements from 

CloudSat and CALIPSO have aided observation of vertical cloud structures, but both satellites 

on the A-train orbit only capture storms at fixed local times of 1:30 P.M. and 1:30 A.M., which 

misses the peak occurrence of land convection in the extratropics (Homeyer et al., 2014). 

Moreover, the small swath of both satellites limits the spatial sampling of individual storms. 

Now, these gaps are filled by the GPM mission, which was launched in February 2014. The 

space-borne radar onboard the GPM satellite, along with high orbit inclination, extends the 
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vertical scan of storms to the high latitudes (Hou et al., 2014). However, a limitation of both 

TRMM and GPM is that they do not provide thermodynamic information within the convection. 

To better understand storm structure, additional information from nearby temperature profiles 

have historically been obtained from radiosonde soundings with limited spatial and temporal 

sampling or meteorological analyses/reanalyses with coarse vertical resolution and large 

uncertainty near the convection. Now, GPS Radio Occultation (RO) soundings have begun to fill 

these gaps by offering global observations of UTLS temperatures with a high vertical resolution 

in all-weather conditions (Anthes et al., 2008).  

Considering the profound impact of convection on UTLS dynamics and stratosphere-

troposphere exchange, there are still many questions to be answered to better understand the 

relationship of convective properties to the UTLS heat budget. The specific questions that will be 

addressed in this dissertation include the following: 

• What impact do different types of convection and different synoptic environments have 

on the surrounding UTLS temperatures throughout both the tropics and extratropics? 

• How does convective depth, size, and land-ocean contrast impact the magnitude of UTLS 

temperature anomalies? 

• Does convection increase the amplitude of diurnal temperature variation in the tropics? 

• How are precipitation systems related to changes in tropopause heights in the 

extratropics? 

• Where and when does tropopause bimodality occur and how is it related to the 

occurrence of double tropopauses? 

To address these questions, this dissertation has three main chapters that have led to three 

research journal papers. The first manuscript focuses on quantifying the UTLS vertical 
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temperature structure changes near deep convection throughout two different tropical regions 

(Chapter II). The second manuscript expands on the first study by now moving to the 

extratropics. The relationship between UTLS temperatures and precipitation systems with 

different sizes, depths, and surface types are analyzed within two different synoptic 

environments (Chapter III). The third manuscript focuses on the unique characteristics of the 

extratropical tropopause by determining when and where tropopause bimodality appears and 

how it relates to the occurrence of double tropopauses (Chapter IV). Finally, a summary is 

provided in Chapter V. 
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CHAPTER II: THE EFFECTS OF DEEP CONVECTION ON REGIONAL TEMPERATURE 

STRUCTURE IN THE TROPICAL UPPER TROPOSPHERE AND LOWER 

STRATOSPHERE 

 
 
2.1. Introduction 
 
 The tropical tropopause layer (TTL), generally defined as a layer between 14 and 18.5 

km in altitude (Gettelman & Birner, 2007; Hassim & Lane, 2010), is the transition region of the 

tropical upper troposphere and lower stratosphere (UTLS) in which air has characteristics of both 

the troposphere and stratosphere. Interest in the heat budget of the TTL has increased in recent 

years because tropical deep convection plays a significant role in regulating stratospheric water 

vapor through direct convective injection and also by enhancing thin cirrus cloud presence, both 

of which play a significant role in the climate (Sherwood et al., 2003; Kim & Dessler, 2004; 

Hassim & Lane, 2010). Water vapor is the most important greenhouse gas in the atmosphere, and 

even though it is of low abundance in the TTL, it plays a significant role in the radiative budget 

at this altitude (Fueglistaler et al., 2009). Additionally, it is one of the main sources of OH 

radicals and in the activation of chlorine on polar stratospheric clouds, which leads to ozone 

destruction (Grosvenor et al., 2007; Fueglistaler et al., 2009). Furthermore, understanding 

stratospheric hydration/dehydration processes due to deep convection requires accurate 

measurements of temperature and circulation changes in the TTL region (Randel et al., 2003). 

The overall effects of convection on the UTLS temperature structure and the contribution of 

various dynamical processes are still not well quantified. Therefore, understanding how and why 

tropical deep convection modifies the UTLS temperature structure, as well as how these 
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temperature changes differ over land or ocean, is important for accurate model representation 

and climate change research. 

 The influence of tropical deep convection on the tropospheric temperature structure has 

been studied prominently over the years. Sherwood et al. (2003) found warm anomalies in the 

mid-to-upper troposphere over the Indian and western Pacific Ocean convective regions from 

radiosonde data. Gettelman and Birner (2007) also detected warm anomalies in this region using 

two climate models. Holloway and Neelin (2007) found cold anomalies in the TTL region using 

a combination of AIRS satellite and radiosonde data More recently, Paulik and Birner (2012), 

Khaykin et al. (2013), along with Xian and Fu (2015) also observed cold anomalies in the TTL 

using GPS radio occultation (RO) profiles. However, the derived amplitude of temperature 

anomalies varied significantly between these studies from -0.5 K to as much as -5 K. 

Additionally, a few studies have been conducted in recent years attempting to quantify the time-

varying TTL cooling rate during the life cycle of the convective system, but the results have 

varied considerably. Sherwood et al. (2003) along with Kim and Dessler (2004) both estimated 

tropopause cooling rates between -5 and -10 K/d during vigorous convection, while Kuang and 

Bretherton (2004) found cooling rates on the order of a few tenths of K/d, which indicates a 

consensus on the TTL cooling rates due to convection has yet to be reached. 

 In addition, while many studies have revealed atmospheric temperature changes due to 

deep convection, few have studied the vertical structure of temperature changes inside deep 

convection on a diurnal scale or analyzed the distinct differences in UTLS temperature changes 

near deep convection due to land-ocean contrast. Separating land and ocean convection is very 

important because of the large differences in both the intensity and diurnal variation of the 

convection due to the land-ocean contrast. For example, based on observations from the TRMM 
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satellite, the typical peak of land convection is concentrated during the late-afternoon local time 

while oceanic convection has a much weaker diurnal structure, with a peak seen in the early 

morning (Liu and Zipser, 2009). Additionally, over land, the mature and more organized 

convective systems typically appear later in the evening compared to earlier in the afternoon for 

more isolated convection. Thus, such a strong diurnal variation in frequency and intensity may 

affect the UTLS temperature structure very differently.  

Historically, most atmospheric temperature profiles near deep convection are from 

radiosonde soundings with limited spatial and temporal sampling, or from operational 

meteorological analyses with coarse vertical resolution and large uncertainty near the convection. 

Since the launch of the six-satellite FORMOSAT-3/COSMIC mission (Formosa Satellite 

Mission 3/Constellation Observing System for Meteorology, Ionosphere, and Climate), GPS RO 

soundings could fill the gaps by offering global observations of UTLS temperatures with a high 

vertical resolution in all-weather conditions, even inside clouds (Anthes et al., 2008). Note that 

the vertical resolution of RO soundings varies from 0.2 km in the lower troposphere to 1.4 km in 

the upper stratosphere (Anthes et al., 2008), although the effective resolution can be higher near 

sharp changes in refractivity, such as at the tropopause. The precision has been estimated to be 

0.1-0.2% for RO refractivity between 10 and 20 km (Kursinski et al., 1997; Schreiner et al., 

2007) while temperature accuracy between 10 and 20 km has been estimated from 0.1 K 

(Alexander et al., 2014) to 0.15 K (Scherllin-Pirscher et al., 2011). In addition to the all-weather 

capabilities, the uniform local time sampling of COSMIC (Xie et al., 2010; Scherllin-Pirscher et 

al., 2011) provides an excellent complement to TRMM for diurnal convection analysis. 

The main goals of this research are as follows: (1) to better understand tropical deep 

convection by identifying its impact on the thermodynamic structure in the UTLS region on a 
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diurnal scale, (2) to quantify the impact of convection height and intensity on UTLS temperature 

anomaly magnitude and the role land-ocean contrast plays in determining anomaly structure, and 

(3) to evaluate the difference in UTLS temperature structure between GPS RO and global 

reanalysis inside and surrounding convection. Two tropical regions which observe frequent deep 

convection are chosen for this study: the Pacific Warm Pool (PWP) and the Tropical Atlantic 

Continental and Oceanic (TACO) region. Instead of looking at the tropics as a single latitude 

band, the selection of two separate regions allows for the ability to study regional differences of 

deep convection as well as the impact of the land and ocean contrast on the UTLS temperatures. 

Also, the inclusion of land and ocean in both regions will allow for enough local time sampling 

of deep convection for studying the UTLS diurnal temperature variations. In this study, tropical 

deep convection was identified by TRMM Precipitation Radar observations over the two selected 

regions from 2007 to 2011. The near-coincident temperature profiles from COSMIC GPS RO 

and the ECMWF ERA-Interim reanalysis (ERA-I: Dee et al., 2011) were also selected. The 

structure of this paper is as follows: Section 2 provides background on the COSMIC, TRMM, 

and ERA-I data used for this research; Section 3 describes the methodology used, including 

collocation criteria among the three datasets and the temperature anomaly derivations; Section 4 

presents the key results of the vertical structure of temperature anomalies in the UTLS due to 

deep convection, including the diurnal variation, regional differences, and land-ocean contrast; 

Section 5 provides a brief discussion on the effects of convection on the UTLS thermodynamics; 

Lastly, the conclusions and future work are summarized in Section 6. 

 

2.2. Data Description 
 
2.2.1. TRMM Precipitation Feature Product 
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 TRMM provides the first detailed and comprehensive dataset of the three-dimensional 

distribution of rainfall and latent heating over the vastly under-sampled tropical and subtropical 

regions (Kummerow et al., 1998; Liu et al., 2012). The TRMM satellite is in a circular, non-sun-

synchronous orbit inclined at about 35° at an altitude of 403 km since August 2001. Four main 

instruments onboard provide unique observations to study tropical convection, including the 

Visible and Infrared Scanner (VIRS) which measures visible and infrared radiances; the TRMM 

Microwave Imager (TMI) which measures passive microwave radiance; the Precipitation Radar 

(PR) which measures the radar reflectivity; and the Lightning Imaging Sensor (LIS) that detects 

lightning flashes (Kummerow et al., 1998). The TRMM Precipitation and Cloud Feature 

database was originally developed at the University of Utah (Liu et al., 2008). This database 

generalizes the precipitation and cloud features from TRMM measurements to study tropical 

precipitation characteristics from the perspective of precipitation systems. The data used here are 

level-2 data from 2007 to 2011, which uses the PR (area of pixels with 20 dBZ near surface) to 

identify near-surface Raining Precipitation Features (RPFs) by grouping radar-detected surface 

rain area.  

In this study, “deep” convection is defined as having a 20 dBZ radar echo top height 

greater than 10 km, which includes the relatively less-intense tropical oceanic convection that 

can still reach high into the UTLS. It is important to note that the TRMM PR is most sensitive to 

precipitation-sized hydrometeors (large liquid droplets or ice particles) inside the precipitation 

systems. Generally, there may be layers of clouds with small ice particles that are undetectable 

by the PR, so such clouds are actually reaching higher altitudes than the PR echo top height. For 

example, especially over the ocean, the cloud-top height of these ice clouds are often 5 km or 

greater than the maximum 20 dBZ height (Liu et al., 2007). 
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2.2.2. COSMIC RO Data  
 

In this study, GPS RO sounding profiles from the six-satellite FORMOSAT-3/COSMIC 

mission (Anthes et al., 2008) are used for the same five-year period (2007 to 2011). These are 

level-2 (reprocessed) profiles retrieved from the COSMIC Data Analysis and Archive Center at 

the University Center for Atmospheric Research. We use the “atmPrf” product, which provides 

refractivity and dry temperature (����) from near the surface up to ~60 km.  At microwave 

frequencies, the atmospheric refractivity � is related to atmospheric pressure �, temperature �, 

and water vapor partial pressure � (Smith and Weintraub, 1953): 

� =  
�
�


+ 
�

�

�
                                                                                                                          (1) 

where 
� is 77.6 K hPa and 
� is 3.73 x 105 K2 hPa.  The dry temperature is then derived from a 

modified form of the refractivity equation (1).  When atmospheric humidity is very small, the 

second term in the right-hand side of equation (1) can be neglected (Foelsche et al., 2008) such 

that: 

���� = 
� (
����

�
)                                                                                                                            (2) 

where ���� is the dry pressure (e.g., the pressure without water vapor) that is derived through 

hydrostatic integration.  In this study, the COSMIC dry temperature is used because it can be 

treated as an independent satellite retrieval, whereas the “real” RO temperature retrieval relies on 

a-priori model moisture information.  The dry temperature retrieval is appropriate for this study 

as it is nearly identical to the real temperature in the UTLS region, where moisture is generally 

negligible since temperatures are lower than 250 K (Kursinski et al., 1997).  In this paper, only 

RO soundings with ���� less than 250 K were used to minimize the impact of water vapor on the 

temperature. The retrieved profiles are reported as a function of geometric height above mean 

sea level. COSMIC offers roughly 2000 daily profiles with a relatively uniform global 
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distribution throughout the study period. Note that tangent point drift during an occultation is not 

accounted for in this study. The location of each COSMIC profile is at the tangent point nearest 

to the surface. 

2.2.3. ERA-I data 
 
 ERA-I is the global reanalysis produced by the European Center for Medium-Range 

Weather Forecasting (ECMWF). This gridded dataset covers 1979-present in 6 h intervals. The 

horizontal resolution of the dataset is 0.75° latitude x 0.75° longitude with 60 vertical levels from 

the surface up to 0.1 hPa (Dee et al., 2011), among which approximately 11 levels are within 10-

20 km. Note that COSMIC GPS RO soundings have been operationally assimilated into ERA-I 

(Poli et al., 2010) but tangent point drift during an occultation is not taken into account in the 

ERA-I assimilation. 

2.2.4 Study Regions and the Spatial/Temporal Distribution of Tropical Deep Convection  
 

The spatial distribution for deep convection observed by TRMM over the tropics (30°S to 

30°N) from 2007 to 2011 is shown in Figure 2.1. There is a total of 477,816 deep convective 

systems throughout the tropics. Two regions that experience frequent deep convection over the 

tropical Pacific and Atlantic are identified to study the impact of deep convection on the UTLS 

temperature structure. The first region, extending from 20°N to 15°S and 80°E to 160°E, is 

effectively known as the “Pacific Warm Pool” (hereafter referred to as PWP) region. The second 

region, extending from 15°N to 15°S and 80°W to 35°E, is called the “Tropical Atlantic 

Continental and Oceanic” (hereafter referred to as TACO) region. Over the PWP, a total of 

128,361 deep convective systems are found along with 7,564 COSMIC collocations (profiles 

within 300 km in space and 3 h after convection occurrence), whereas over the TACO region, 

117,869 deep convective systems are observed along with 6,706 COSMIC collocations during 
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the 5 year period. The PWP has roughly twice as much convection occurring over the ocean than 

over land, while the TACO region sees most of its convection over the equatorial land areas in 

Central Africa and South America. 

 

Figure 2.1. Distribution of tropical deep convection (maximum 20 dBZ echo top height > 10 km) 

observed by Tropical Rainfall Measuring Mission per 1° × 1° grid from 2007 to 2011. The two 

selected regions of study, the Pacific Warm Pool (PWP) and the Tropical Atlantic Continental 

and Oceanic (TACO) region, are highlighted by the black rectangle boxes. 

 
Figure 2.2 displays the diurnal distribution of TRMM deep convection systems that have 

near-coincident COSMIC profiles, with collocations separated by land (red) and ocean (cyan). 

Since the six COSMIC satellites are distributed equally in local time around the Earth, the 

diurnal distribution pattern of collocations remains consistent with the full sample of TRMM 

deep convection (not shown). The PWP deep convection shows a moderate two-peak distribution 

with good sampling across each local time bin. This owes to a significant number of deep 

convection observed in this region over both the maritime continent and the open ocean, as the 
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typical occurrence of land convection peaks in the late-afternoon while oceanic convection has a 

weaker maximum in the early morning (Liu and Zipser, 2009). Deep convection in the TACO 

region has a much more pronounced peak during the late afternoon hours due to much of the 

deep convection occurring over land. However, the smaller amount of oceanic convection still 

provides enough sampling throughout the day in this region. 

 

Figure 2.2. Diurnal distribution of the subsampled Tropical Rainfall Measuring Mission deep 

convective systems that have near coincident COSMIC Radio Occultation profiles within 300 

km and 3 h after convection occurrence over the (left) Pacific Warm Pool (PWP) and the (right) 

Tropical Atlantic Continental and Oceanic (TACO) region, with collocations classified by land 

(red) and ocean (cyan). 

a) PWP b) TACO 
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2.2.5. COSMIC/ERA-I Dry Temperature Versus Temperature Differences 
 

As previously discussed, the COSMIC dry temperature is expected to be nearly identical 

to the real temperature in the UTLS region since temperatures are below 250 K and minimal 

moisture is likely present. However, the potential impact of this moisture must still be quantified. 

Near-coincident (within 3 h) COSMIC and ERA-I profiles from the 2007 to 2011 study period in 

each region (roughly 100,000 each) are identified to represent the background atmospheric 

temperatures. Furthermore, collocated COSMIC and ERA-I profiles after deep convection 

occurrence are analyzed to evaluate the moistening effect of convection. 

Figure 2.3 shows the ERA-I specific humidity (q) for mean background conditions and 

after deep convection, along with the corresponding differences between ERA-I temperature and 

COSMIC dry temperature that occurs due to the presence of water vapor that is not considered in 

the dry temperature. COSMIC dry temperature has a cool bias compared to the real temperature 

within 10-13 km due to the presence of significant moisture content within the tropics (Danzer et 

al., 2014), which is amplified near deep convection. The background specific humidity at 10 km 

is roughly 0.35 g/kg (PWP) and 0.25 g/kg (TACO), which contributes to a temperature-dry 

temperature difference of about 3 K (PWP) and 2 K (TACO). The ERA-I specific humidity 

increases by about 0.1 g/kg at 10 km near deep convection, which further increases the (T - Tdry) 

difference by roughly 1 K.  As the moisture decreases exponentially with height, the (T - Tdry) 

difference also decreases exponentially, with T ≈ Tdry at about 13 km. Note the larger cool bias 

within 10-13 km in the PWP due to the presence of more water vapor. This increase in specific 

humidity after deep convection has a unique impact on the dry temperature anomaly profiles, 

which will be further discussed later in this text. 
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Figure 2.3. ERA-Interim specific humidity (g/kg) (blue) along with the difference between 

temperature and dry temperature (red) for the mean background conditions (BG, dotted lines) 

versus after deep convection (DC, solid lines) in the (a) Pacific Warm Pool (PWP) and (b) 

Tropical Atlantic Continental and Oceanic (TACO) region. 

 

2.3. Methodology 
 
2.3.1 Data Set Collocation and Diurnal Temperature Anomaly Analysis 
 

To capture the thermodynamic structure of the atmosphere inside or near the deep 

convection, both the COSMIC RO and ERA-I profiles are collocated with deep convection 

observed by TRMM over the selected regions within 3 h after convection occurrence and within 
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a 300 km radius of the convection. The time difference between convection and the COSMIC 

RO/ERA-I temperature profiles is recorded for each pair of collocations. This time and distance 

threshold is chosen to provide a balance between sampling and direct convective impact. Note 

that it is necessary to have a threshold large enough to allow for enough samples, but also 

restrictive enough to observe the direct impact from the convective system. Each COSMIC and 

ERA-I profile is interpolated to a 10 m uniform vertical grid using a quadratic interpolation 

scheme and then smoothed to 500 m, which is roughly the native resolution for RO profiles at 

the UTLS altitude range. The RO profiles within each local time bin are then averaged to 

generate a composite vertical profile from 10 to 25 km. First, the mean diurnal background 

temperature profile (using 2-hourly local time bins) is derived from all COSMIC profiles over 

the two selected regions during the 5 year period. Then, the diurnal variation of UTLS 

temperature anomalies due to deep convection is calculated as the deviation from the mean 

background temperature profile at each local time. 

2.3.2 Diurnal Variation Analysis 
 

The atmospheric tide is a well-known feature in the UTLS which is driven by daily 

changes in solar heating, and is responsible for modulating many dynamical, hydrological, 

radiative, and chemical processes (Xie et al., 2010). The propagating tidal wave, which migrates 

with the sun, dominates the tropical diurnal variation in the stratosphere and higher altitudes 

(e.g., McLandress, 1997). In the tropics, the migrating tide increases in amplitude above ~14 km 

as illustrated by COSMIC temperature soundings (Xie et al., 2010). Two height levels (11 km 

and 17 km) are chosen to represent the altitude of different temperature anomaly layers observed 

after deep convection. After the mean background temperatures are subtracted from the 

temperature profiles near deep convection (using 1-hourly local time bins), a harmonic analysis 
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with 24-h and 12-h components is applied to the temperature anomalies to compute their diurnal 

and semi-diurnal amplitudes along with their phases at selected heights. The normal tidal 

amplitude at these altitudes is calculated based on the mean background temperatures, and its 

amplitude is compared to the diurnal amplitude observed after convection. As deep convection 

also exhibits strong diurnal variation, it is important to isolate the contribution of convection to 

the UTLS diurnal cycle and to determine whether this diurnal cycle is enhanced or suppressed by 

convective activity. 

2.3.3 Convective Intensity Variation Analysis 
 
 Additionally, to study the impact of deep convection intensity on the UTLS temperature 

structure, the TRMM deep convection is categorized based on the system’s maximum 20 dBZ 

and 40 dBZ echo top height using 2 and 1 km-interval bins, respectively. Similarly, the deep 

convection is also categorized based on its minimum infrared cloud top temperature (CTT) using 

10 K-interval bins. The collocated temperature profiles are then grouped into each convective 

height/CTT bin. Each individual temperature anomaly profile is then derived by subtracting from 

the background temperature. It is important to note that there is large spatial (e.g., meridional) 

variation of the UTLS mean background temperatures in the two selected regions. Therefore, 

instead of using a regional mean diurnal temperature at each altitude as the background (as in 

Section 3.1), the mean background temperatures are derived using 5° x 5° grids within each 

region. For example, all COSMIC/ERA-I profiles from 2007 to 2011 are placed into their 

appropriate grid box and averaged to generate a mean background profile for each grid. Then, 

the temperature anomaly profile for COSMIC/ERA-I near deep convection can be derived by 

subtracting the corresponding gridded mean background temperature. These anomaly profiles are 

accumulated and averaged together to derive a mean anomaly profile for each height bin, with 
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the number of samples for each subgroup recorded. Furthermore, deep convection over land and 

ocean are separated and their temperature anomaly profiles for each height bin are also 

presented. 

 

2.4. Results and Discussion 
 
2.4.1 UTLS Diurnal Temperature Anomalies 
 

As previously mentioned, one of the main goals of this research is to quantify the 

temperature anomalies due to deep convection and determine their vertical structure in the 

UTLS, especially on a diurnal scale. Figure 2.4 presents the diurnal distribution of vertical 

temperature anomalies from COSMIC profiles in the PWP and TACO, respectively. The cold-

point tropopause (CPT) height is also derived. In the PWP (Figure 2.4a), warm anomalies are 

observed (0 to 0.2 K) within ~11-14 km, with slight cooling observed within 10-11 km. A layer 

of cool anomalies is observed above the warm anomalies within ~14-17 km, ranging from -0.4 K 

to -0.8 K. Above the cool anomalies, there is a significant layer of warm anomalies of 0.2 K to 

1.25 K in a layer from ~17-20 km. Above this warm layer ending around 20 km, slight warm and 

cool anomalies are seen with no discernable pattern, suggesting no direct connection to 

convection distribution or frequency at this altitude. 

In the TACO region (Figure 2.4b), a similar pattern is evident although stronger 

anomalies are seen compared to the PWP. Similarly, warm anomalies are observed within ~10-

14 km, ranging from 0 to 0.6 K, although slight cooling is still evidenced within 10-11 km. A 

layer of strong cool anomalies (-0.6 K to -1.5 K) lying above the warm anomalies is observed 

within ~14-18 km. The height of the strongest cool anomalies is around ~16 km, which is about 
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1 km below the CPT at ~17 km. Within the 18-20 km layer, a mix of both warm and cool 

anomalies is observed and no consistent pattern is seen, which is very different from the PWP. 

However, as shown in Figure 2.2, most convection in the TACO region occurs during the early 

afternoon through early evening hours (12:00 to 18:00 local time) due to a much higher 

percentage of convective systems forming over land. Strong cool anomalies (up to -1.25 K) are 

evident at these local times above 14 km. This could be due to the higher numbers of stronger 

and deeper land convection triggering an increase in gravity wave activity, which may then 

propagate upward from the convective sources into the lower to the middle stratosphere 

(Costantino et al., 2015). Additionally, cooling up to -1 K is observed within 20-25 km around 

10:00 to 15:00 local time. The peak anomaly magnitude occurs slightly earlier than the 

maximum convection frequency over the TACO region (which occurs during the late afternoon 

hours from the intense land convection over central Africa and the Amazon). At the moment, we 

do not have a solid physical explanation for this result. Further study to confirm the presence and 

explain the physical mechanisms of such diurnal cooling at this altitude would be needed. 
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Figure 2.4. Diurnal distribution of COSMIC dry temperature anomalies (K) after deep 

convection in the (a) Pacific Warm Pool (PWP) and (b) Tropical Atlantic Continental and 

Oceanic (TACO). Dashed lines represent cold-point tropopause height. 

 

The deep convection frequency (Figure 2.2) seems to have an impact on the diurnal 

temperature anomaly magnitude. For example, stronger cool anomalies in the 14-17 km layer 

and warm anomalies in the 17-20 km layer are evident in the PWP during the peak oceanic 

convection around 2:00 to 6:00 local time (Figure 2.4a). The anomaly magnitudes at these 

altitudes are slightly reduced in the late morning and early afternoon hours when diurnal 

convection frequency is a minimum, and then increase in magnitude (and altitude by ~1 km) 
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during the late afternoon and evening hours when land convection peaks. It is important to note 

that the oceanic systems generally are of a larger spatial area compared to land convection over 

the PWP, as the mean (median) size for collocated TRMM convection over land is 4,080 km2 

(1,140 km2) while convection over oceans is 6,220 km2 (1,420 km2). This may result in a more 

significant overall impact of the larger oceanic convection on the COSMIC temperature profiles 

(as the collocated profiles are less likely to be outside the convection zone). In the TACO region 

(Figure 2.4b), stronger warming (up to 0.6 K) is evident within the 10-14 km layer in the late 

afternoon and evening hours, coinciding with the significant peak in land convection at these 

times. Also, the magnitude of the layer of cold anomalies is generally about 0.5 K stronger and is 

pushed roughly 1 km higher during the late afternoon and evening compared to the morning 

hours. This is likely due to deeper and more intense convection occurring during these hours 

from intense solar heating over land, as the deepest convection has previously been demonstrated 

to shift the layer of cold anomalies to slightly higher altitudes (Paulik & Birner, 2012). Finally, 

warm anomalies are displayed during the morning hours within 18-20 km due to the oceanic 

convection peaking at these times within the region, but the anomalies transition to cool 

anomalies during the afternoon and evening due to the dominant land convection. 

2.4.2 Diurnal Temperature Variation at Different Altitudes 
 

Numerous studies have shown that GPS RO captures the diurnal variation of UTLS 

temperatures due to migrating tidal waves in the tropics (Zeng et al., 2008; Pirscher et al., 2010; 

Xie et al., 2010). Here we further investigate the impact of the strong diurnal variation of deep 

convection on the diurnal variation of temperature in the UTLS. The temperature anomalies are 

derived at two selected altitudes (11 km and 17 km) and then decomposed into diurnal (24 h) and 

semidiurnal components (12 h, not shown) using a harmonic analysis. These two altitudes were 
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chosen to represent the altitude layers exhibiting warm (11 km) and cool (17 km) temperature 

anomalies as shown in Figure 2.4. Figures 2.5a and 2.5b show the diurnal variation of 

temperature anomalies for all COSMIC soundings (with collocated convection profiles removed) 

in the PWP and TACO region, respectively, whereas Figures 2.5c and 2.5d show the diurnal 

temperature anomalies for COSMIC soundings collocated with deep convection. In both regions, 

the diurnal variation component (24 h) dominates at both altitudes, while only a small semi-

diurnal component is detected. 

 

Figure 2.5. Diurnal temperature anomalies (K) in the (a, c) Pacific Warm Pool (PWP) and (b, d) 

Tropical Atlantic Continental and Oceanic (TACO) region for background conditions (Figures 

2.5a and 2.5b) and after deep convection (Figures 2.5c and 2.5d). Anomalies (solid lines) are 
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shown along with their diurnal components from harmonic analysis (dashed lines) at 11 km (red) 

and 17 km (blue) using COSMIC profiles. 

 

Figures 2.5a and 2.5b show clear, nearly-identical diurnal temperature anomalies for 

COSMIC background conditions in both regions, with peak diurnal amplitude of around 0.2 K 

and a smaller semi-diurnal variation of about 0.05-0.1 K at both altitudes. Moreover, the peak 

warm anomalies occur at about 17:00 local time at 11 km, and at 9:00 local time at 17 km. Both 

the diurnal amplitude and phase (local time of the maximum positive anomaly) of the 

temperature anomalies are highly consistent with the characteristics of the tropical migrating 

diurnal tides shown in Xie et al., (2010). 

More interestingly, a clear diurnal cycle of temperature anomalies with enhanced 

amplitude and slightly shifted phase are shown for COSMIC soundings collocated with deep 

convection in both regions. In the PWP (Figure 2.5c), at 11 km, cool anomalies are seen from 

22:00 to 10:00 local time and warm anomalies are seen the rest of the day. The diurnal amplitude 

of the temperature anomalies reaches 0.25 K and the phase is shifted by ~1 h (at ~16:00 local 

time) compared to the background tide. At 17 km, cool anomalies are seen from about 10:00 to 

22:00 local time with warm anomalies the rest of the day. The diurnal amplitude of about 0.3 K 

is observed and the phase is shifted by ~3 h (at ~06:00 local time) compared to the background 

tide. Semidiurnal components are small for both heights, with amplitudes less than 0.1 K.  

Similarly, in the TACO region (Figure 2.5d), at 11 km, cool anomalies are seen from 

00:00 to 10:00 local time and warm anomalies are seen during the rest of the day. Again, the 

diurnal component dominates with amplitude close to 0.35 K (~0.1 K stronger than the PWP) 
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with the phase shifted by ~1 h (~18:00 local time) compared to the background tide. At 17 km, 

the temperature anomalies show a much stronger amplitude compared to the background 

conditions, with cool anomalies from about 13:00 to 02:00 local time and warm anomalies in the 

rest of the day. The diurnal component still dominates, showing an amplitude of about 0.5 K 

with phase shifted by ~1 h (~08:00 local time) compared to the background tide. Again, 

amplitude of the semidiurnal components are much smaller than their diurnal counterparts for 

both heights, with only around 0.1 K at 11 km and 0.05 K at 17 km. Overall, the amplitude of 

diurnal temperature variation increases by ~0.2-0.3 K in both regions after deep convection 

occurs, which confirms the important role deep convection plays in enhancing the diurnal 

temperature cycle in both regions. 

2.4.3 Impact of Deep Convection Height and Intensity on UTLS Temperature Anomalies 
 

In previous sections, all deep convection with a maximum 20 dBZ echo top height 

greater than 10 km has been grouped together without differentiating its intensity. However, it is 

important to quantify the variation of UTLS temperature anomalies based on the convection’s 

intensity, which can be inferred by the maximum radar echo top heights (e.g., 20 dBZ or 40 

dBZ) or the infrared CTT (see methodology in Section 2.3.3). COSMIC temperature anomalies 

near deep convection are divided into subgroups based on these echo top heights or infrared 

CTT. For example, convection identified as having a maximum 20 dBZ height within 10-11.99 

km are grouped together and represented as the convection at 10-12 km, and so forth (Figure 

2.6). Similarly, the COSMIC temperature anomalies for various convective intensities 

categorized by 40 dBZ echo top height and CTT are shown in Figure 2.7 and Figure 2.8, 

respectively. 
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2.4.3.1 Deep Convection with Various 20 dBZ Echo Top Heights 
 

Over each region, the COSMIC temperature anomaly profiles for varying convective 

intensities categorized by 20 dBZ echo top heights are illustrated (Figure 2.6). The results are 

generally consistent with the diurnal temperature anomalies shown in Figure 2.4, as warm 

anomalies are observed within 10-14 km and cool anomalies are seen within 14-17 km. 

Figure 2.6a shows the mean COSMIC temperature anomaly profiles for all deep 

convection in the PWP. Warm anomalies are seen at 10-14 km, ranging from a minimum of 0.1 

K for the shallower convection to a maximum of 0.5 K near the deepest convection. Cool 

anomalies ranging from -0.3 to -0.7 K are generally seen above the layer of warm anomalies at 

~14-17 km, albeit only for the deeper convection reaching above 14 km. However, within 17-21 

km (above the tropopause), anomalies vary from warm to cool, depending on storm intensity. 

This is discussed more in-depth as the anomalies are analyzed by land and ocean. There is also a 

distinct increase in temperature anomalies as the convection deepens. 

Both land (Figure 2.6b) and ocean (Figure 2.6c) convection display warm anomalies 

within 10-14 km, with magnitudes increasing up to ~0.5 K as convection deepens. Additionally, 

within 14-17 km, strong cooling is observed for both land and oceanic convection over the 

deeper systems whereas basically no anomalies are seen for the relatively shallower oceanic 

systems. However, significant differences arise in the layer above these altitudes. Within 17-20 

km, cool anomalies are observed near land convection for all intensities (ranging from -0.1 to -

0.8 K), whereas over oceanic convection, warm anomalies are observed for convection reaching 

up to 16 km (ranging from 0.3 to 0.5 K) while cool anomalies are only observed for the deepest 

convection. The overall anomaly pattern (Figure 2.6a) at this altitude reflects the dominant 

oceanic convection in the PWP. As a result, this confirms that the significant warm anomalies at 
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17-20 km in Figure 2.4a were caused by the relatively shallower oceanic convection reaching 

<16 km which dominated the region. While this is a very intriguing development, it is unclear 

why only the shallower oceanic convection causes such significant warming at this altitude. It is 

also important to point out that the PWP is known for having a strong diurnal cycle of land-

ocean convective propagation. Since the time difference between convection and temperature 

profile can be up to 3 h, it is possible that the influences from land and ocean convection may be 

slightly mixed within the results. Finally, it is interesting to note that over both land and ocean, 

warm anomalies are seen from 23-25 km, which, as previously mentioned, may indicate 

increased gravity wave activity. 
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Figure 2.6. COSMIC temperature anomalies (K) near deep convection classified by the PR-

derived maximum 20 dBZ heights in the Pacific Warm Pool (top) and Tropical Atlantic 

Continental and Oceanic region (bottom) for (a, d) all convection, (b, e) convection over land, 

and (c, f) convection over oceans. 

 

In the TACO region, the overall regional profiles (Figure 2.6d) look much different than 

the PWP (Figure 2.6a) due to the TACO region having much more land convection than oceanic 

convection. Again, within 10-14 km, warm anomalies are observed ranging from 0.3 to 0.7 K, 

with the warmest anomalies occurring for convection in the 16+ km height category (roughly 0.3 

K higher than any other category). Within 14-22 km, cool anomalies are seen for all convection 
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ranging from roughly 0.2 K to 1.1 K. The anomaly magnitudes for all heights at this altitude are 

much stronger than the PWP. Additionally, the larger anomalies (both warm and cool) 

correspond to the stronger convection. Since the region has more land convection, the anomalies 

for land systems in the region (Figure 2.6e) are nearly identical to the overall region anomalies. 

The oceanic convection (Figure 2.6f) shows larger anomaly variation. Within 10-14 km, weak 

warming and even weak cooling are observed. Within the cool layer from 14-17 km, the cool 

anomalies for the shallower convection range from -0.3 to -0.4 K but increase in magnitude 

rapidly for deepest oceanic systems (over 16 km) up to about -1.4 K. Additionally, contrary to 

the cool anomalies observed near TACO land convection, warm anomalies of up to 0.4 K are 

seen near oceanic convection within 17-20 km. While the PWP and TACO region see many 

similarities in anomaly magnitude and sign near both land and oceanic convection below the 

tropopause, it is clear there are significant differences between land and ocean convection 

affecting temperatures above the tropopause in both regions. Both PWP and TACO oceanic 

convection display significant warming within 17-20 km, while both regions also display 

significant cooling near land convection at this altitude and agree very well for the most part. 

This land/ocean convection contrast likely explains the contradictory temperature anomaly signs 

at this altitude range that has been presented in previous research (Kim and Dessler, 2004; 

Holloway and Neelin, 2007; Chae et al., 2011; Biondi et al., 2012; Khaykin et al., 2013). 

Additionally, an analysis was conducted for PWP ocean and TACO land convection 

focused on a 5 h window of maximum convective development within each region (not shown). 

For the PWP ocean, this window is 2:00-7:00 local time, while for TACO land, this window is 

13:00-18:00 local time. Temperature anomalies within 10-14 km were very similar to Figure 2.6 

in both regions. However, at and slightly above the tropopause, cooling increases by 0.5 K over 
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TACO land for all echo top heights, while warming increases by ~0.2-0.5 K for shallower PWP 

ocean convection and cooling increases by 1 K for 16+ km ocean convection. 

Finally, it must be noted that there is a relatively large standard deviation observed for the 

temperature anomalies at and just above the tropopause (not shown) in both the PWP and TACO 

regions, regardless of land or ocean surface. This variation reaches a maximum of ~4 K at 18 km 

and indicates that both significant positive and negative anomalies can be observed at these 

altitudes. Thus, some amount of caution must be taken when interpreting the results at and just 

above the tropopause as universal cooling or warming (depending on surface type). However, 

these mean profiles have been verified with the Student’s t-test and proved to be statistically 

significant. They display the general trend of the data and are still quite useful for showing the 

overall picture. 

2.4.3.2 Deep Convection with Various 40 dBZ Echo Top Heights 
 

Previous sections used the PR-derived 20 dBZ maximum echo top height to gauge the 

intensity of deep convection and determine its maximum impact. Here, we further select the 

strongest deep convection using the PR-derived 40 dBZ maximum echo top height. Note that 

these deep convective systems are the same systems that have a maximum 20 dBZ echo top 

height over 10 km with a COSMIC collocation, but exclude any convective systems not reaching 

40 dBZ reflectivity. As a result, 806 deep systems are removed in the PWP (10.7%) and 617 are 

removed in the TACO region (9.2%). The deep convective systems are divided into subgroups 

based on maximum 40 dBZ echo top height with 1 km-vertical interval bins. For example, “<4 

km” indicates all convection with a 40 dBZ height under 4 km. Note that the 40 dBZ intervals 

are different for land and ocean since convection intensity varies significantly depending on 

surface type (e.g., 40 dBZ heights are generally much higher over land). Therefore, PWP and 
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TACO “all” figure panels are not included and instead we only focus on land and ocean 

separately.  

In the PWP (Figures 2.7a and 2.7b), warm anomalies (0.1 to 0.5 K) are seen within 10-14 

km over both land and ocean. The anomalies increase in magnitude for stronger convection over 

the ocean but remain rather constant over land. However, in the TTL region (14-17 km), the 

anomalies show no consistent pattern for the different intensities and vary from slight cooling to 

even slight warming. This variation is most pronounced over land, with significant warming 

displayed for the highest 40 dBZ heights (which is contrary to what was expected). Within the 

layer above the tropopause (17-20 km), significant warming is evident for oceanic convection 

and actually displays the highest magnitude for the weakest convection (up to 0.5 K). Over land 

(Figure 2.7b), near-neutral temperatures to strong cool anomalies are observed, with the weakest 

cooling signature displayed for the highest 40 dBZ echo top heights. 
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Figure 2.7. COSMIC temperature anomalies (K) near deep convection classified by the PR-

derived maximum 40 dBZ heights in the Pacific Warm Pool (top) and Tropical Atlantic 

Continental and Oceanic region (bottom) for (a, c) convection over land and (b, d) convection 

over oceans. 

 
In the TACO region (Figures 2.7c and 2.7d), warm anomalies are observed from 10-14 

km (0 to 0.5 K) with clearly increased amplitude for stronger convection over land only (Figure 

2.7c). Near land convection, cool anomalies are observed from 14-24 km (-0.3 to -1 K), which 

resembles the anomaly pattern from Figure 2.6e. However, near oceanic convection, a mix of 

warm anomalies (near weaker convection) and cool anomalies (near stronger convection) are 
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displayed. Moreover, no consistent pattern is seen for the different intensities and the strongest 

cooling over land is actually observed near the least intense convection (Figure 2.7c). This result 

implies that the more intense convection indicated by higher 40 dBZ echo top heights do not 

necessarily reach higher altitudes or result in a more significant impact to the thermodynamic 

structure of the UTLS. This could also be explained by the convective stage of development, 

which we do not consider in this study. Higher 40 dBZ echo top heights are generally associated 

more closely with early stage convection, while these heights typically decline in the later stages. 

As a result, early stage convection likely would have less time to affect the surrounding 

temperature environment. In short, convection’s maximum 40 dBZ echo top height is not a 

robust indicator of the magnitude of UTLS temperature anomalies near deep convection.  

2.4.3.3 Deep Convection with Various Minimum Infrared CTT  
 

The minimum infrared (IR) brightness temperature of the clouds above deep convection 

is a good indicator of the maximum altitude the convective cloud reaches. Here, we again 

regroup the same deep convective systems (with maximum 20 dBZ height above 10 km) 

according to their minimum IR brightness CTT with 10 K-interval subgroups. The COSMIC 

temperature anomalies are then evaluated according to the convective CTT. Also, note that a 

CTT cutoff of 250 K is used to filter convection with pixels that are likely contaminated by the 

surface or lower-altitude clouds, since all convection is required to reach at least 10 km and will 

have a CTT below this value. This results in roughly 2% of the collocations removed in each 

region. 

In the PWP (Figures 2.8a-2.8c), a distinct pattern is evident. Within 10-14 km, slight to 

moderate warming is seen for both land and ocean convection, but much stronger warming (>0.5 

K) is seen for the deepest convection with coldest CTT (<190 K). Within 14-17 km, slight warm 
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anomalies are seen for the comparatively shallow systems (e.g., warmer CTT) over both land and 

ocean, while slight cooling is seen for systems within 190-200 K and very strong cooling 

(reaching as much as -1.1 K) is observed for systems below 190 K. Note that 1,278 deep systems 

have CTT below 190 K in the PWP (very deep convection) and the anomaly signature is much 

different than the warmer and shallower systems, where minor warm anomalies are observed at 

this altitude. Above 17 km, a distinct layer of warm anomalies is observed near oceanic 

convection for all CTT (Figure 2.8c), whereas cool anomalies are evident near land convection 

(Figure 2.8b). 

 

Figure 2.8. COSMIC temperature anomalies (K) near deep convection classified by the VIRS 

minimum IR brightness temperature in the Pacific Warm Pool (top) and Tropical Atlantic 
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Continental and Oceanic region (bottom) for (a, d) all convection, (b, e) convection over land, 

and (c, f) convection over oceans. 

 

In the TACO region (Figures 2.8d-2.8f), the strongest warm anomalies within 10-14 km 

are again associated with the coldest cloud tops, although it is interesting to note that systems 

over the ocean in this region do not experience this same increase in warm anomaly magnitude 

(or even see much warming at all) at this altitude. Within 14-17 km, universal cooling is seen for 

both land and oceanic convection with the coldest CTT (<190 K), reaching a maximum of about 

-2 K over the ocean, while the warmer and shallower systems display a mixture of slight warm 

anomalies (ocean) or slight cool anomalies (land). Additionally, the transition height from warm 

to cool anomalies varies depending on CTT category and is no longer at a fixed height around 14 

km. Differences in temperature anomalies between land and ocean are seen above the 

tropopause, such as oceanic convection displaying moderate warming while land convection 

displays moderate cooling. However, in short, the minimum IR brightness temperature is a much 

better indicator of the anomaly magnitude observed from deep convection compared to using the 

40 dBZ convective intensity. A robust pattern is seen for deep convection when progressing from 

the warmer to the coldest cloud tops, while no robust pattern is evident when progressing from 

weaker to the most intense convection. 

 It is important to analyze the relationship between 20 dBZ echo top height and minimum 

IR temperature (e.g., the CTT) more in-depth, considering the differences in results displayed for 

these convection characteristics in the previous figures. Figure 2.9 shows a two-dimensional 

histogram of the temperature anomalies at 16 km altitude for deep convection based on its 20 

dBZ height and minimum IR temperature in the PWP and TACO regions with convection 
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separated by land and ocean. The altitude of 16 km is chosen due to its proximity to the 

tropopause and because it previously displayed the strongest cooling (Figure 2.8). The grid 

spacing is 0.5 km for 20 dBZ height and 5 K for minimum IR temperature. Note that grids 

containing at least five convective temperature anomalies are shown, although almost all have at 

least 20 and many have more than 50 anomalies. A remarkably clear pattern is displayed in both 

the PWP and TACO regions over both land and ocean. In the PWP (Figures 2.9a and 2.9b), 

warm anomalies (up to 1 K) occur at 16 km for the relatively shallower convection (CTT ranging 

from 240 K to as low as 190 K). As the CTT become colder, the anomalies quickly transition to 

strong cooling with a negative slope, generally ranging from -2 to -4 K. The cool anomalies 

typically begin at CTT ~200 K for the lower 20 dBZ heights (e.g., 10 km) and the CTT reach as 

low as ~170 K for the highest 20 dBZ heights (e.g., 18 km), and this pattern occurs over both 

land and ocean. The same general pattern is evident in the TACO region as well (Figures 2.9c 

and 2.9d), although it is interesting to note that cool anomalies are observed over both TACO 

land and ocean convection for the warmer CTT with 20 dBZ heights between 10-12 km. Also, 

anomaly magnitude is strongest for oceanic convection over the PWP whereas it is strongest for 

land convection over the TACO. A stronger relationship for anomaly sign/magnitude is clearly 

seen for CTT compared to 20 dBZ height. Moderate warming is observed for the warmer CTT 

and extremely strong cooling is displayed only for the coldest CTT, whereas when looking at 

specific 20 dBZ heights (e.g., 14 km), both warming and cooling is observed. This indicates that 

20 dBZ echo top height does in fact mix up true convection tops to some extent. For example, as 

previously mentioned, it is possible that one convective system may have a 20 dBZ height of 14 

km with a CTT of 205 K (which indicates a similar altitude cloud top compared to the 20 dBZ 

height) whereas another system may display a 20 dBZ height of 14 km with a CTT of 185 K 
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(difference of ~3 km to the convective top). However, cooler CTT alone does not always indicate 

a more significant convective impact to UTLS temperature anomalies. For example, if one 

focuses on a specific CTT (e.g., 200 K or even 190 K), both warm and cool anomalies are 

observed, depending on the 20 dBZ height of the convection. Therefore, a combination of 

analyzing the convective CTT and 20 dBZ echo top height is needed to obtain the full picture of 

convective effects to the surrounding temperature environment. 

 

Figure 2.9. Two-dimensional histogram of the COSMIC temperature anomalies (K) at 16 km 

altitude near deep convection classified by the PR maximum 20 dBZ echo top height and VIRS 

minimum IR brightness temperature (CTT) in the Pacific Warm Pool (top) and Tropical Atlantic 
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Continental and Oceanic region (bottom) for (a, c) convection over land and (b, d) convection 

over oceans. 

 

2.4.4 ERA-I Results Comparison 
 

The final results section of the paper summarizes the comparison of ERA-I temperature 

anomalies to the previous results from COSMIC. The temperature anomalies for various deep 

convection heights are derived from ERA-I profiles (Figure 2.10), which show a similar vertical 

structure to the COSMIC anomalies (Figure 2.6) but with some key differences. The transition 

height from warm to cool anomalies in ERA-I varies from 12-14 km instead of remaining 

generally fixed at ~14 km in COSMIC. Additionally, significant differences in anomaly sign and 

magnitude are evidenced for ERA-I just above the tropopause. The differences seen within ~10-

12 km are mainly due to temperature (ERA-I) and dry temperature (COSMIC) differences, 

which will be discussed in more detail shortly.  

In the PWP (Figures 2.10a-2.10c), ERA-I shows generally weak warm anomalies within 

12-14 km. Additionally, ERA-I generally shows cool anomalies for all deep convection within 

14-17 km whereas COSMIC displays much more variance in both the sign and magnitude 

depending on land and oceanic convection. ERA-I displays nearly universal strong warm 

anomalies within 17-20 km over both land and ocean for all deep convective systems, whereas 

COSMIC indicates warm anomalies at this altitude only for the oceanic convection below 16 km 

(Figure 2.6). These ERA-I warm anomalies reach as strong as 1 K for the shallower oceanic 

convection and diminish in magnitude for the deepest convection.  
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In the TACO region (Figures 2.10d-2.10f), ERA-I agrees better with COSMIC near 

oceanic convection while still having some differences near land convection. A distinct thick 

layer of strong cool anomalies is seen within 14-24 km (with a peak around 17 km) in COSMIC 

land observations (Figure 2.6e). However, this cooling layer shrinks to be within 14-17 km with 

a reduced peak anomaly at a lower altitude (16 km) in ERA-I (Figure 2.10e). ERA-I anomalies 

then generally transition to near-neutral around the tropopause over land. Interestingly, ERA-I 

agrees with COSMIC much better near oceanic convection, with near-neutral conditions below 

14 km and strong cool anomalies within 14-17 km, followed by a warming pattern above the 

tropopause (although ERA-I displays noticeably stronger warm anomalies within 17-22 km). 

Also, above 23 km, both COSMIC and ERA-I display warming in both regions with similar 

amplitudes. It was thought that this altitude range (23-25 km) would see minimal direct impact 

from convection since the convection rarely penetrates above the tropical tropopause near 17 km, 

but this clearly is not the case and could pose an interesting topic for future research. 
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Figure 2.10. ERA-I temperature anomalies (K) near deep convection classified by the PR-

derived maximum 20 dBZ heights in the Pacific Warm Pool (top) and Tropical Atlantic 

Continental and Oceanic region (bottom) for (a, d) all convection, (b, e) convection over land, 

and (c, f) convection over oceans. 

 

One major difference between the temperature anomaly profiles of COSMIC and ERA-I 

in Figures 2.6 and 2.10 is seen between 10-12 km. COSMIC demonstrates mainly cool 

anomalies, especially from 10-11 km, while ERA-I indicates collective warm anomalies at this 

altitude. Due to the overall increase in atmospheric moisture content near convection, the dry 

temperature profile near convection is cooler than it would be otherwise (assuming the real 
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temperature profile is held constant) because of an increased contribution to the temperature 

profile from moisture. The ~0.1 g/kg increase in specific humidity at this altitude near 

convection (Figure 2.3) results in a 0.4% increase in refractivity (not shown), and, in turn, a 0.8 

K decrease in dry temperature. This decrease in dry temperature, combined with the overall 

increase in real temperatures of roughly 0.4 K due to convective latent heat release at this 

altitude, results in an “apparent” cooling of 0.4 K at 10 km in the dry temperature profile. This 

was observed when the ERA-I temperature anomalies were converted to dry temperature 

anomalies (not shown) using the modified form of the refractivity equation (2). After this 

conversion, the dry temperature anomalies from ERA-I become almost identical to the COSMIC 

anomalies between 10-12 km, confirming the consistency between the two datasets at this 

altitude. 

 

2.5. UTLS Convective Impact Discussion 
 

There are a few likely explanations for the influence deep convection has on the 

temperature structure (anomalies) seen in the preceding figures. Previous research has 

characterized the warm convective temperature anomalies observed throughout the middle 

troposphere as being due to latent heat release in-and-near convective clouds (Randel et al., 

2003; Gettelman and Birner, 2007). However, the cool convective temperature anomalies 

observed throughout the TTL region in this study are not as easily explained. Holloway and 

Neelin (2007) showed that as gravity waves spread the warming due to convective heating 

through the free troposphere, hydrostatic pressure gradients will extend above the heating, 

causing divergence, ascent, and adiabatic cooling aloft. The convective cold-top should be 

thought of as an intrinsic response to convective heating, and as an inherent part of quasi-
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equilibrium temperature adjustment (Holloway and Neelin, 2007). These cold anomalies have 

been shown to be associated with convectively-coupled gravity waves, but the amount of cooling 

has varied significantly from study to study (Randel et al., 2003; Sherwood et al., 2003; Biondi et 

al., 2012). Khaykin et al. (2013) mentioned two possible cooling mechanisms in the TTL region: 

the first being non-migrating tides generated by convective diabatic heating, possibly interacting 

with migrating tides and gravity waves (Potter and Holton, 1995); and the second being the 

systematic injection and turbulent mixing of adiabatically-cooled air by cross-tropopause 

updrafts (Danielson, 1982). It has been known for many years that convection can generate 

gravity waves with long vertical wavelengths, as convection involves a time-varying thermal 

forcing associated with latent heat release that can interact with overlying stable layers and shear 

in complex ways that are not fully understood (Fritts and Alexander, 2003). One of the 

difficulties in characterizing convective gravity wave sources is their inherent intermittency. 

However, Hindley et al., (2015) has recently been able to identify gravity wave hotspots and 

calculate gravity wave momentum fluxes using COSMIC GPS profiles. As a result, this topic 

will be investigated more in future research. Again, this study confirms the presence of warm 

anomalies due to convection throughout the middle troposphere and cool anomalies within the 

TTL region. In the layer above the cloud-top from ~17-20 km (above the cool anomalies), 

previous studies have shown both warming and cooling effects. Chae et al. (2011) and Biondi et 

al. (2012) both showed warm anomalies, with the former indicating warming along with 

downward motions above the convection. Their hypothesis was that the strongly divergent flow 

and turbulent mixing near the cloud tops would mechanically drag the air just above the cloud 

outward. By continuity, this would pull (relatively) warmer lower stratospheric air down from 

above the clouds, explaining the observed subsidence and warm temperature anomalies (Chae et 
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al., 2011). They also inferred that the subsidence and warming were part of a Kelvin wave, and 

that this feature could affect cloud-top heights. Again, similar to previous research, both 

warming and cooling were observed in this study just above the tropopause. However, the 

observed temperature anomalies really depend upon the properties of convection and how long 

the convection has been influencing the environment. Therefore, the differences in anomaly sign 

and magnitude above the tropopause shown here are dependent on three factors: 1) region of 

interest; 2) whether convection formed over land or ocean within the specific regions; and 3) 

maximum height of the convection. Additional research confirming these results above the 

tropopause by analyzing other regions of interest composed of both land and oceanic convection 

would likely be a beneficial study. 

 

2.6. Conclusions 
 
 In this research, the impact of tropical deep convection on the thermodynamic structure in 

the UTLS region is studied by collocating deep convection observed by the TRMM Precipitation 

Radar with COSMIC GPS RO soundings and ERA-I reanalysis from 2007 to 2011. The UTLS 

diurnal temperature anomalies after deep convection are analyzed in both the PWP and the 

TACO Region. Warm anomalies ranging from 0.2 K to 0.8 K are generally observed within 10-

14 km, then transitioning to a stronger layer of cool anomalies ranging from -0.4 to -1.5 K within 

14-17 km, and finally back to a significant layer of warm anomalies in the PWP or cool 

anomalies in the TACO region up to 1 K within 17-20 km. 

 Unique diurnal temperature anomaly patterns are seen after deep convection at the two 

selected altitudes within the layer of warm anomalies (11 km) and cool anomalies (17 km) in 
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both regions from COSMIC profiles. The temperature anomalies show a diurnal amplitude of 

0.3-0.5 K and the semidiurnal component limited to 0.1 K or less in both regions. Moreover, the 

amplitude of diurnal temperature variation increases by 0.2-0.3 K in both regions after deep 

convection occurs, which confirms the important role deep convection plays in enhancing the 

UTLS diurnal temperature variation in the tropics. 

 There is a clear impact of convection depth on the vertical temperature anomaly structure 

when classifying convection based on its maximum 20 dBZ echo top height. The general 

intensity/height of convection plays a significant role in determining the magnitude of 

temperature anomalies in both regions, as a distinct increase in temperature anomalies is 

observed near the deeper and stronger convection. Additionally, land-ocean contrast also plays a 

significant role. Over land, warm anomalies are generally observed within 10-14 km which range 

from 0.1 to 0.8 K, transitioning to a layer of cool anomalies within 14-22 km that range from -0.3 

to -1.5 K (with more variation evident within this altitude), and finally back to warm anomalies 

between 22-25 km. However, over oceans, the layer of cool anomalies generally is only within 

14-17 km and a layer of warm anomalies develops above the tropopause within 17-20 km, 

ranging from 0.2 to 0.5 K. The different pattern of warm and cool anomalies above the 

tropopause near oceanic and land convection warrants continued research. ERA-I 20 dBZ 

temperature anomalies generally agree well with COSMIC in both regions, albeit with some 

differences in magnitude and vertical extent (e.g., ERA-I displays much stronger warming above 

the tropopause over both land and ocean). 

COSMIC temperature anomalies for various convective intensities, categorized by 40 

dBZ echo top heights and the minimum IR CTTs, were also analyzed. The results show that deep 

convection with higher 40 dBZ heights do not necessarily lead to a larger magnitude of cool 
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anomalies near the tropopause. This implies that presumably stronger deep convection with 

higher 40 dBZ heights do not necessarily reach overall higher altitudes or result in a more 

significant impact to UTLS temperatures compared to less intense convection. On the other 

hand, minimum IR CTTs (especially <190 K) is a better indicator of the magnitude of anomalies 

observed near deep convection compared to 40 dBZ echo top heights, as a robust pattern of 

increasing temperature anomalies for convective systems with colder (taller) cloud tops is 

observed. Additionally, it is shown that a combination of the minimum IR CTT and 20 dBZ echo 

top height is needed to obtain the full picture of convective effects to the UTLS temperature 

environment. 

In addition to the previously-discussed limitations of the convective proxies used in this 

study (20/40dBZ echo top height and minimum IR brightness temperatures), the relatively short 

time period analyzed is a noteworthy limitation. This is mainly true when sampling numbers are 

slightly low in some diurnal bins when the deepest convection is relatively rare. Note that the 

GPM mission is continuing to monitor convection after TRMM, and the upcoming COSMIC-2 

mission will triple GPS RO measurements over the tropics. Adding significant sampling will 

likely benefit future studies on this topic and especially help understand the fine anomaly 

structures seen at higher altitudes. Finally, more studies on dynamical processes in the UTLS are 

required to further improve the representation of deep convection in weather and climate models. 
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CHAPTER III: RELATIONSHIPS BETWEEN EXTRATROPICAL PRECIPITATION 

SYSTEMS AND UPPER TROPOSPHERIC AND LOWER STRATOSPHERIC 

TEMPERATURES AND TROPOPAUSE HEIGHT OBSERVED FROM GPM AND GPS 

RADIO OCCULTATION 

 
3.1. Introduction 

 The upper troposphere and lower stratosphere (UTLS) is a coupling region in the 

atmosphere in which air typically has characteristics of both the troposphere and stratosphere 

(Gettelman & Birner, 2007; Peevey et al., 2014). It is generally defined as the region ±5 km 

around the tropopause (Gettelman et al., 2011), which is the boundary between the troposphere 

and stratosphere and plays a crucial role in UTLS processes (Holton et al., 1995; Haynes et al., 

2001). The UTLS is distinct in radiation, dynamics, chemistry, and microphysics, and a strong 

connectivity amongst these different processes makes the UTLS highly susceptible to climate 

change (Birner, 2006). For example, the UTLS has an important influence on 

troposphere/stratosphere chemical composition and on radiation escaping to space due to relative 

minimum temperatures and thin cirrus cloud formation at these altitudes, which affects the 

surface climate and climate feedbacks (Gettelman et al., 2011). A fundamental characteristic of 

the tropopause is the change in static stability across the interface (Randel et al., 2007). The 

WMO definition of the tropopause is based on lapse rate criteria (lapse rate tropopause, or LRT) 

and is defined as “the lowest level at which the lapse rate decreases to 2 K km-1 or less, provided 

that the average lapse rate between this level and all higher levels within 2 km does not exceed 2 

K km-1“ (World Meteorological Organization (WMO), 1986). The thermal tropopause provides a 

convenient way to define the tropopause and is most widely used. There are also other ways of 

defining the tropopause, such as the potential vorticity-based dynamical tropopause (Hoskins et 
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al., 1985) or the ozone-based chemical tropopause (Pan et al., 2004). Regardless of tropopause 

definition, it has been suggested that tropopause height can serve as a useful indicator of climate 

change (Santer et al., 2003; Birner, 2006). 

 Stratosphere-troposphere exchange (STE) across the tropopause is an important 

bidirectional process influencing the chemistry of the UTLS (Holton et al., 1995). Many recent 

studies have focused on understanding the role convection plays in STE throughout the tropics 

(e.g., Grosvenor et al., 2007; Fueglistaler et al., 2009; Hassim & Lane, 2010) since radiative-

convective balance is the dominant physical process in the region (Held, 1982). Deep convection 

influences climate processes by regulating stratospheric water vapor through direct convective 

injection, by enhancing thin cirrus cloud presence, and by modulating the ozone budget in the 

upper troposphere (Sherwood et al., 2003; Kim & Dessler, 2004; Pan et al., 2004). Additionally, 

understanding stratospheric hydration/dehydration processes due to deep convection requires 

accurate measurements of temperature and circulation changes in the UTLS (Randel et al., 

2003). Therefore, understanding the role convection plays in the heat budget of the tropical 

UTLS has been a prominent research topic over the past few decades. Warm anomalies have 

been observed throughout the mid-to-upper troposphere using radiosonde data (Sherwood et al., 

2003) and climate models (Gettelman & Birner, 2007). Cool anomalies have been observed in 

the tropical tropopause layer (TTL) using AIRS and radiosonde data (Holloway & Neelin, 2007) 

along with GPS radio occultation data (Paulik & Birner, 2012; Khaykin et al., 2013; Xian & Fu, 

2015; Kim et al., 2018; Johnston et al., 2018). The derived amplitude of temperature anomalies 

varied greatly between these studies, and the magnitude of these anomalies depended on surface 

type (land/ocean) and intensity of the deep convection.  
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On the other hand, the relationship of extratropical convection to UTLS temperature and 

tropopause height changes has attracted much less attention. While this is partly because of the 

limited availability of detailed diurnal observations of extratropical convection before the GPM 

era, it is also because of the significant challenge of quantifying the relative contributions of a 

variety of other dynamical processes associated with extratropical STE (Sprenger et al., 2007). 

These processes include tropopause folds near the subtropical and polar jets due to baroclinic 

wave dynamics (Danielsen, 1968; Baray et al., 2000), cutoff lows (Price & Vaughan, 1993), 

gravity wave breaking (Lamarque et al., 1996), and mesoscale convective complexes (Poulida et 

al., 1996). For example, significant STE occurs due to turbulent mixing during baroclinic 

tropopause folds (Reid & Vaughan, 2004), and these folds can even reach nearly as low as the 

boundary layer (Vaughan et al., 1994). Additionally, simulations have shown that a large fraction 

of STE near folds occurs due to deep convection below the depressions in the tropopause (Gray, 

2003). Note that the global-scale aspects of extratropical STE over longer timescales has been 

described in previous reviews (e.g., Holton et al., 1995). However, it is critical to study synoptic 

and mesoscale extratropical storms and their relationship to UTLS temperatures to better 

understand extratropical STE on shorter timescales. 

Space-borne radar observations from TRMM have been useful in identifying the vertical extent 

of deep convection but were restricted to the tropics and subtropics. Over the extratropics, most 

passive microwave and infrared satellite data lack the detailed vertical structure of storms and 

their associated vertical transport. Highly sensitive radar and lidar measurements from CloudSat 

and CALIPSO have aided the observations of vertical cloud structure in the extratropics. 

However, both satellites on the A-train orbit only capture storms at fixed local times of 1:30 

P.M. and 1:30 A.M., which misses the peak occurrence of land convection in the extratropics 
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(Homeyer et al., 2014). Moreover, the small swath of both satellites limits the spatial sampling of 

individual storms. Now, these gaps can be filled by the GPM mission, which was launched in 

February 2014. The space-borne radar onboard the GPM satellite, along with high orbit 

inclination, extends the vertical scan of storms to the high latitudes (Hou et al., 2014). Recent 

research utilizing GPM has enhanced our understanding of extratropical storms, including 

identifying the global distribution of storms with large sizes (Liu & Zipser, 2015) and 

overshooting convection (Liu & Liu, 2016). To better understand storm structure, additional 

information from nearby atmospheric thermodynamic profiles have historically been obtained 

from radiosonde soundings with limited spatial and temporal sampling or meteorological 

analyses/reanalyses with coarse vertical resolution and large uncertainty near the convection. 

GPS Radio Occultation (RO) soundings have filled these gaps by offering global observations of 

UTLS temperatures with a high vertical resolution in all-weather conditions (Anthes et al., 

2008). The vertical resolution of RO soundings varies from 0.2 km in the lower troposphere to 

1.4 km in the upper stratosphere (Anthes et al., 2008) with an average of 0.5 km in the UTLS.  

The focus of this research is to better understand extratropical precipitation systems that 

occur in two different types of synoptic environments and how they impact the UTLS 

thermodynamic structure. Specifically, the main goals of this paper are to separate these 

extratropical precipitation systems into two populations, quantify the differences in UTLS 

temperature and tropopause height anomalies within the two synoptic settings, and determine the 

physical basis for these anomalies. There are also three secondary goals for this research: 1) to 

determine where the two populations of precipitation systems occur and what their properties 

and characteristics are; 2) to quantify how precipitation system intensity and size play a role in 

determining the sign and magnitude of UTLS temperature anomalies. Previous research has 
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shown stronger anomalies for the deepest convection, but little attention has been given to the 

size of the systems. 3) to establish how anomalies vary for land and oceanic systems. Many 

studies have examined this relationship in the tropics, with differences in anomaly magnitude 

(even anomaly sign) attributed to land/ocean contrast, but this has yet to be analyzed in-depth for 

the extratropics. Extratropical precipitation systems are identified using the GPM dual-frequency 

precipitation radar from 2014 to 2017. The temperature structure within these PFs is provided by 

the collocated high-resolution GPS RO soundings. The structure of this paper is as follows: 

Section 3.2 provides background on the GPM, GPS, and ERA-Interim data used in this study; 

Section 3.3 describes the methodology used, including dataset collocation criteria, how the 

background profiles and anomalies are generated, and how the PFs are separated into two 

populations; Section 3.4 provides sampling for PFs in both synoptic settings along with various 

PF characteristics; Section 3.5 presents the key results of the study, including UTLS temperature 

and tropopause height anomalies near PFs and the relationship of PF type, depth, size, and 

season to the magnitude of these anomalies; Lastly, conclusions and study limitations are 

provided in Section 3.6. 

 

3.2. Data Description 

3.2.1 GPM Precipitation Feature Product 
 
 The GPM mission is an international network of satellites that provide global 

observations of rain and snow. Building upon the many successes of TRMM, which focused 

primarily on quantifying the three-dimensional distribution of moderate-to-heavy rain throughout 

the tropics (Kummerow et al., 1998), the advanced radar/radiometer system onboard the GPM 

Core Observatory extends the measurement range to include light precipitation and snow. The 
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GPM Core Observatory is equipped with the first spaceborne dual-frequency phased array 

precipitation radar (DPR), which operates at the Ku and Ka bands (13 and 35 GHz, respectively), 

and a conical-scanning multichannel (10-183 GHz) microwave imager (GMI) (Hou et al., 2014). 

The 65° orbit inclination allows for observations into the high latitudes where much of the 

precipitation has a lighter intensity. In this study, GPM radar Precipitation Features (PFs) are 

obtained from 2014 to 2017. The GPM PF database uses an algorithm similar to the TRMM PF 

database originally developed at the University of Utah (Liu et al., 2008). The PFs are defined by 

grouping contiguous areas with nonzero near-surface precipitation using the Ku-band radar (Seto 

et al., 2013), and the location (lat/lon) of the PF is the centroid of a best-fit ellipse. This analysis 

method condenses the original pixel-level measurements into the properties of events, which 

greatly increases the efficiency of searching and sorting the observed historical events (Liu et al., 

2008). Maximum echo top heights are used frequently in this study and are obtained using the 

GPM KuPR, which has a minimum detectable reflectivity near 12 dBZ (Hamada & Takayabu, 

2016). For some PFs with large areas, the PF centroid and maximum echo top height location 

may not be similar (e.g., for elongated fronts with continuous precipitation). PFs with >2° lat/lon 

difference between the centroid and maximum echo top height are removed from the study. 

3.2.2 GPS Radio Occultation Data 
 

GPS RO soundings are obtained from three missions for this study: the joint US-Taiwan 

six-satellite FORMOSAT-3/COSMIC (FORMOSA Satellite Series No. 3/Constellation 

Observing System for Meteorology, Ionosphere, and Climate) mission (Anthes et al., 2008), the 

German TerraSAR-X satellite (Beyerle et al., 2011), and the GRACE-B satellite (Beyerle et al., 

2005). The COSMIC constellation provided over 1,000 soundings per day with relatively 

homogeneous sampling coverage around the globe when GPM was launched in early 2014. 
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However, the number of daily soundings has decreased to roughly 250-300 per day at the end of 

2017. To increase the sampling numbers, additional GPS RO observations from the TerraSAR-X 

and GRACE-B satellites are obtained. Both satellites provide between 200-250 soundings/day 

and comprise ~25% of the total collocations with GPM. The reprocessed level-2 RO profiles for 

all three missions are obtained from CDAAC (COSMIC Data Analysis and Archive Center) at 

the University Center for Atmospheric Research (UCAR). The profiles are quality controlled by 

excluding the ones with “bad” flags (such as if the observation bending angles exceed the 

climatology by a specific threshold). We use the “atmPrf” product, which provides refractivity 

and dry temperature (����) from usually near the surface up to ~60 km. At microwave 

frequencies, the atmospheric refractivity � is related to atmospheric pressure �, temperature �, 

and water vapor partial pressure � (Smith & Weintraub, 1953): 

� =  
�
�


+ 
�

�

�
                                                                                                                          (1) 

where 
� is 77.6 K hPa and 
� is 3.73 x 105 K2 hPa. The dry temperature is derived from the 

refractivity (1) by neglecting atmospheric humidity (Foelsche et al., 2008) such that: 

���� = 
� (
����

�
)                                                                                                                            (2) 

where ���� is the dry pressure (e.g., the pressure without water vapor) derived through 

hydrostatic integration. In this study, dry temperature is used because it can be treated as an 

independent satellite retrieval, whereas the real temperature retrieval (“wetPrf”) relies on a priori 

moisture information from ECMWF low resolution analysis. Note, however, the dry temperature 

retrieval is nearly identical to the real temperature in the UTLS region, as moisture is negligible 

when temperatures are generally lower than 250 K (Kursinski et al., 1997). In this study, only 

sounding altitudes with a ���� less than 250 K were used to minimize the impact of water vapor 

on the temperature (Johnston et al., 2018). Therefore, the RO dry temperature in the UTLS 
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region is denoted as RO temperature as it represents real atmospheric temperature. The retrieved 

profiles are reported as a function of geometric height above mean sea level and the location of 

each profile nearest to the surface is used. 

3.2.3 ERA-Interim Data 
 
 ERA-Interim is the global reanalysis produced by the European Center for Medium-

Range Weather Forecasting (ECMWF). This gridded dataset covers 1979-present in 6-hour 

intervals (Dee et al., 2011). Pressure-level temperature and potential vorticity data are used, 

which have a horizontal resolution of 0.75° latitude x 0.75° longitude with 37 vertical levels 

from 1000 hPa to 1 hPa. Roughly 6 to 7 levels are provided within the UTLS. Note that 

COSMIC GPS RO soundings have been operationally assimilated into ERA-I (Poli et al., 2010). 

 

3.3. Methodology 

 To analyze the relationship between Precipitation Features and the thermodynamic 

structure of the UTLS, GPS RO temperature profiles are collocated with PFs observed by GPM 

from 2014 to 2017 throughout the extratropics (20°-65°). The collocation criteria used for this 

study are that the GPS profile must be within 3 hours after PF occurrence and within a 300 km 

radius of the PF, which allows for observation of the PF’s impact to its environment. Note that 

the 300 km collocation criteria is chosen to provide a good balance between robust sampling and 

observation of the direct impact to the PF’s surrounding environment. Each GPS profile is 

interpolated to a 10 m uniform vertical grid using a quadratic interpolation scheme and then 

smoothed to 500 m, which is roughly the native resolution for RO profiles in the UTLS altitude 

range. In addition, for each RO temperature profile, the nearest-neighbor ERA-I potential 

vorticity profile is also obtained. 
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To study the relationship between PFs and the UTLS temperature structure, both the PF 

relative depth (RD) and area are investigated. The RD is a measure of PF depth accounting for 

the considerable seasonal and meridional variation of the local tropopause height observed 

throughout the extratropics (Zhang et al., 2014), and the top of the troposphere coincides closely 

to the level above which convection rarely penetrates. This is because the upper bound on 

tropospheric clouds is strongly constrained by radiative cooling from water vapor and the depth 

of tropospheric mixing, and these physical linkages have been applied to both tropical and 

extratropical convection (Thompson et al., 2017). RD measures the fractional PF depth relative 

to the local LRT height and is defined as: 

�� =  
�������  ��!"# $% &�#�'#�()� *���� +'"$�,

-�.,� *�#� �$.$.��,�  ��!"#
                                                                           (3) 

Since we are interested in PFs that reach near/into the UTLS, only PFs with a maximum echo top 

height of at least 50% of the LRT height (e.g., RD ≥ 0.5) are studied, and the LRT height is 

identified from a collocated GPS temperature profile. 

3.3.1 Zonal Mean UTLS Temperature Variation from GPS Observations 
 

Background temperature structure and tropopause heights are generated using all 

COSMIC profiles from 2006-2017. The monthly zonal mean global background temperatures, 

temperature standard deviation, and LRT height are shown in Figure 3.1 using 2.5° latitude 

bands. Throughout the tropics, LRT heights are consistently high year-round (~15 to 17 km) and 

UTLS temperature standard deviation remains low. A transition region occurs throughout the 

midlatitudes around 30° along with a sharp “tropopause break” near the subtropical jet, when the 

tropical tropopause extends to higher latitudes and overlies the extratropical lower stratospheric 

air. This transition region migrates with season. In the wintertime, it moves equatorward, 

becomes sharper and, consequently, the temperature standard deviation increases, whereas in the 
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summer, it moves poleward and the tropopause height decreases more gradually. In the high 

latitudes, the tropopause remains low year-round (~8 to 12 km) with a large temperature standard 

deviation that reaches a maximum during the winter. Note the extremely large standard deviation 

throughout the polar lower stratosphere, which is due to variability along the edges of the polar 

vortex. The Arctic vortex reaches its highest variability during the winter (DJF), while the 

Antarctic vortex displays its largest variability in the spring (SON) since it is stronger, larger, 

and longer-lasting (Labitzke & Kunze, 2009). The large UTLS standard deviation observed 

throughout the mid-to-high latitudes is of particular interest in this study, as this clearly indicates 

considerably different synoptic environments occurring even within individual months. 

Additionally, several temperature standard deviation “hotspots” are evident that suggest deep 

convection plays a large role in the observed variation, such as in the lower stratosphere during 

the Northern Hemisphere summer monsoon (JJA) around ~30°N. Thus, proper characterization 

of these different synoptic environments is paramount in accurately determining how PFs relate 

to their environment and impact UTLS temperature variation. 
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Figure 3.1. Climatology of UTLS zonal mean monthly temperatures (solid contours, in km) and 

standard deviation (color contours, in km) between 80°N and 80°S derived from COSMIC GPS 

RO profiles from 2006-2017. Lapse-rate tropopause height is shown with a solid white contour. 

Temperatures greater than 250 K are removed. Additional temperature contours are added 

between 205-225 K to better display UTLS structure. 

 
3.3.2 PF and GPS Temperature Profile Classification with Isentropic Potential Vorticity (IPV) 
 

In this study, PFs are separated into two different categories that represent distinct 

synoptic environments based on extratropical UTLS dynamics. In the extratropics, potential 

vorticity (PV) is a tracer-like variable based on the conservation of thermodynamic properties 

and momentum. It is commonly used to identify the boundary between tropospheric and 
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stratospheric air (i.e. the dynamical tropopause), as the stratosphere is characterized by 

significantly higher values of PV (Hoskins et al., 1985; McIntyre & Norton, 2000; Kunz et al., 

2011). The extratropical tropopause is remarkably close to the ±2-PVU surface, where PVU 

denotes the standard potential vorticity unit (1 PVU = 10-6 m2 s-1 K kg-1) (Holton et al., 1995). 

Since PV is conserved on isentropic surfaces, isentropic potential vorticity (IPV) has often been 

used to identify the intrusion of stratospheric air into the troposphere. Namely, the intersection of 

the 320 K isentrope to the 2-PVU surface has been used to identify moderate to deep 

stratospheric intrusions or tropopause folds, which frequently occur near extratropical convection 

during a strong frontal passage from late fall through early spring (Chen, 1995; Appenzeller et 

al., 1996; Wernli & Sprenger, 2007; Škerlak et al., 2015). 

We have adapted this methodology to classify the observed PFs. Background profiles 

with IPV of at least 2-PVU on the 320 K isentrope are labeled Deep Stratospheric Intrusion 

(DSI) as they coincide with strong dynamic effects on the tropopause through the 

aforementioned stratospheric intrusions, whereas profiles with IPV of less than 2-PVU at 320 K 

are labeled non-Deep Stratospheric Intrusion (non-DSI) as they are more likely to be related to 

thermodynamic instability. Then, in order to categorize the PFs, they are compared with the 

monthly-mean GPS background temperature profiles within their respective grid. 12-year non-

DSI and DSI median monthly background temperatures/tropopause heights are derived using 

GPS profiles within 2.5° latitude x 5° longitude grids. Note that the mean background profile for 

each synoptic condition is derived only when the number of GPS profiles reaches a minimum of 

30 profiles. If the presence of both synoptic conditions exists within one grid (e.g., over the 

midlatitudes during winter), the simple least-squares method is used to determine the PF’s 

classification by computing the median absolute deviation (MAD) of the PF temperature profile 
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and the two mean background profiles within ±5 km around the PF LRT height. Then, whichever 

background profile has a smaller MAD is the classification assigned to the PF. It is worth noting 

the challenge in classifying PFs in the extratropics. For example, when using IPV, any potential 

temperature surface chosen (e.g., 320 K) will intersect the tropopause at different latitudes 

throughout the year (Wernli & Sprenger, 2007). However, the joint distribution of LRT 

height/temperature anomalies and IPV values for extratropical PFs clearly shows two distinct PF 

categories separated by the ±2-PVU threshold. An in-depth discussion on this topic can be found 

in Section 3.5.2 (Figure 3.13). 

To show locations in which synoptic overlap occurs, Figure 3.2 displays the sampling for 

non-DSI (blue contours) and DSI (red contours) background profiles along with mean LRT 

height differences (e.g., LRTnon-DSI – LRTDSI) for regions that experience overlap. The number of 

GPS profiles in each grid generally ranges from 60 to 120 in areas with one synoptic condition 

but can be significantly reduced in areas where both synoptic conditions occur (such as the 

midlatitudes). The transition region shifts equatorward as winter approaches and moves poleward 

in the summer. The corresponding LRT height differences between the mean non-DSI and DSI 

backgrounds also shows large seasonal variation, especially in the Northern Hemisphere due to 

larger land/ocean contrast. The largest differences are typically observed over the oceans. In 

January (Figure 3.2a), height differences of 2.5 to 3.5 km are seen over the Kuroshio and Gulf 

Stream warm ocean currents. This can be attributed to consistent changes in air mass type and 

large baroclinicity along the coasts. On the other hand, the smallest variability occurs over the 

continental interior as conditions are frequently cold and dry. The transition region shifts much 

farther north in July (Figure 3.2c), with few DSI profiles and small LRT height differences seen. 

In general, the transition region coincides well with the latitude band showing the largest UTLS 
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temperature variation (between 40°-60° from Figure 3.1), which further confirms the importance 

of separating the two distinct synoptic conditions using IPV for an extratropical UTLS study. In 

addition to the large tropopause height standard deviation resulting from different synoptic 

conditions, there can be large intraseasonal LRT height variations throughout the subtropics, 

especially during the winter to early spring months where standard deviations often exceed 2 km. 

For example, Seidel & Randel (2007) have shown a biomodal distribution of subtropical 

tropopause heights, with one mode above 15 km (characteristic of the tropical tropopause) and 

another one below 13 km (typical of the extratropical tropopause). Pan et al. (2009) has also 

shown the occurrence of multiple tropopauses extending to nearly 60° N. Therefore, in order to 

minimize the impact intraseasonal LRT height variation could have on monthly mean GPS 

background temperature profiles (and anomaly calculations), PFs that occur within any grids 

with monthly LRT height standard deviations exceeding 2 km are removed from this study. 
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Figure 3.2.  GPS RO sampling for non-DSI (solid blue contours) and DSI (solid red contours) 

background profiles from 2006-2017 for a) January, b) April, c) July, and d) October. Shaded 

contours display LRT height differences (km) between non-DSI and DSI background profiles, 

provided the sampling is at least 10 profiles. 

 

3.3.3 UTLS Temperature Anomaly and Tropopause Height/Temperature Anomaly Calculations 
 
 In this study, each individual PF temperature anomaly profile (�/) is derived by 

subtracting the PF temperature profile (��0) from the gridded-mean GPS background 

temperature (�12) profile: 

�/(3) =  ��0(3) − �12(3),                                                                                                            (4) 
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Where height 3 is from within ±5km of the PF’s LRT height to account for the large seasonal 

and meridional variations in tropopause height. Figure 3.3 shows GPS temperature profiles 

collocated with PFs (red) and their gridded-mean non-DSI and DSI background profiles (black). 

Figure 3.3a shows a relatively large-size (20,229 km2) overshooting PF with a relative depth of 

1.07 that is classified as non-DSI. The temperature anomaly profile (Figure 3.3b) is calculated 

simply by subtracting the background profile with the smaller mean absolute deviation (solid 

black line) from the individual PF profile. The temperature anomalies for each PF are centered 

on each individual PF’s LRT height (horizontal red dashed line) and obtained for a ±5 km 

window (blue-shaded box) around this height. Then, the anomalies are grouped according to the 

different PF characteristics and averaged to generate a mean anomaly profile for each group, 

with the “zero” height being the location of each PF LRT. The number of samples within each 

subgroup is recorded, and PFs over land and ocean are also separately investigated. The PF 

temperature/synoptic profile comparison from Figure 3.3a is relatively straightforward; however, 

there are some instances (e.g., Figure 3.3c) that can be somewhat ambiguous. While the upper 

tropospheric section of the PF profile is certainly “non-DSI” in nature, the tropopause/lower 

stratosphere is rather uncertain. Thus, the temperature anomaly profile from Figure 3.3d looks 

quite different than Figure 3.3b. However, we do not want to hide these examples; rather, it is 

important to show that the environments are not always clean-cut. The relationship between PFs 

and LRT height/temperature is also analyzed by subtracting the median background from the PF 

tropopause height/temperature: 

6��7/ = 6��7�0 − 6��712                                                                                                      (5) 

6���/ = 6����0 − 6���12                                                                                                        (6) 
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The PFs are again categorized by their area and RD to determine the relationship between PF 

intensity and anomaly magnitude. 

 

Figure 3.3. Two overshooting non-DSI PFs (a,c) with collocated GPS temperature profiles (solid 

red) along with their associated non-DSI (solid black) and DSI (dotted black) background 

profiles. Blue asterisks and the associated dashed lines indicate the height and temperature of the 

background and PF LRT. Dotted blue line indicates the PF maximum echo top height. Blue-

shaded area shows the region ±5 km around the PF’s LRT height for anomaly calculation. 

Temperature anomaly profile is shown on the bottom (b,d) with the “zero” height corresponding 

to the PF’s LRT height.  
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Figure 3.4 shows an example of an overshooting convective system observed by GPM in 

the early morning of July 28, 2015 over South Dakota in the United States. This system is a 

strong bow-echo, with near-surface reflectivity reaching up to 60 dBZ (Figure 3.4a) and 

maximum echo top heights over 17 km (Figure 3.4b). Additionally, a cross-section through the 

feature is also displayed, with very low brightness temperatures and high rain rates (50 mm/hr) 

occurring near the core of the storm (Figure 3.4e). The collocated ERA-I potential vorticity is 

near or slightly above 1 PVU, indicating a likely non-DSI system (Figure 3.4c). Finally, the 

collocated temperature profile near the maximum echo top height at 43.8° N and 100.7° W is 

shown along with its corresponding background profile, and the LRT height and maximum echo 

top height are also displayed (Figure 3.4d). The RD of this feature is 1.13, indicating 

overshooting convection. 
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Figure 3.4. Overshooting convection observed by GPM over South Dakota in the morning of 

July 28, 2015. a) PR Ku-band near-surface reflectivity (dBZ). b) PR Ku-band maximum echo top 

heights (km). c) ERA-Interim potential vorticity at 320 K potential temperature over the GPM 

PR swath. d) Collocated temperature profile (red) near the maximum echo top height (43.8° N, 

100.7° W) and the corresponding background profile (black), along with the PF lapse rate 

tropopause height (red) and maximum echo top height (blue). e) Cross-section of PR Ku-band 

reflectivity (dBZ) through the center of the storm. Red line is the GMI 37 GHz polarization-

corrected temperature (K); blue line is the GMI 89 GHz polarization-corrected temperature (K); 

and black line is the rain rate (10 mm/hr). 
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3.4. Study Regions, Sampling, and Storm Characteristics 

The extratropics in both the northern and southern hemispheres (20°-65°) are chosen for 

analysis in this paper. There are 832,858 PFs with a RD>0.5 throughout the extratropics and 

23,594 of these PFs have collocations with a GPS RO temperature profile. Of these collocations, 

12,662 are non-DSI PFs and 10,932 are DSI PFs; after removal of PFs that occurred in 

background grids with large tropopause height variation, these numbers are reduced to 10,178 

and 9,573, respectively. Figure 3.5 displays the distribution of collocated PFs observed by GPM 

with a RD>0.5 from 2014 to 2017 for both non-DSI PFs (a,b) and DSI PFs (c,d) categorized by 

size and RD. Larger-size Non-DSI PFs (Figure 3.5a) are most frequently observed over the 

oceanic regions. These larger systems are likely midlatitude cyclones that have progressed from 

mature and into the occlusion stage of development. In contrast, the deepest (overshooting) PFs 

(Figure 3.5b) are mainly found over land masses, such as North America, Europe, and Argentina. 

These deepest PFs are primarily summertime convection fueled by warm land surface 

temperatures and strong instability. However, some deep PFs also form over warm ocean 

currents such as the Gulf Stream, some of which are likely tropical cyclones. On the other hand, 

DSI PFs (Figure 3.5c and d) are most often observed in the mid-and-high latitudes, with few 

occurrences in the subtropics. Most DSI PFs occur over the oceans due to contrasting air masses, 

with the cold and dry continental air masses interacting with the warmer and wetter oceanic air 

masses. Several hotspots stand out, such as the wintertime storm tracks over the Southern Ocean, 

the Icelandic Low, and the Aleutian Low. No consistent pattern is shown for different PF size or 

RD categories. However, as expected, many more DSI PFs have large sizes rather than depths 

since these systems will typically have much weaker uplift than summertime convection. 
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Figure 3.5. Distribution of extratropical PFs (RD > 0.5) observed by GPM from 2014 to 2017 for 

a) non-DSI PFs categorized by size, b) non-DSI PFs categorized by RD, c) DSI PFs categorized 

by size, and d) DSI PFs categorized by RD. 

 

Figure 3.6 displays histograms of a subset of PFs with collocated GPS profiles for 

various PF characteristics over the mid and high latitudes from 2014 to 2017. Due to the 

generally uniform distribution of GPS RO observations, the subset of collocated PFs maintains 

the characteristics of PFs observed by GPM. The peak occurrence of non-DSI PFs displays a 

higher maximum echo top height (Figure 3.6a and d) of around 6-7 km relative to the peak 

occurrence of DSI PFs, which occurs around 4.5-5 km. Additionally, even though land non-DSI 
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PFs only make up a small portion of the total sampling, they comprise the majority of PFs with 

echo tops greater than 10 km, which DSI PFs rarely reach. Note that most PFs have a size less 

than 10,000 km2 (Figure 3.6b and e). The number of PFs typically decreases as the area 

increases, especially for land PFs, which rarely reach 100,000 km2. Interestingly, there are 

comparatively fewer oceanic non-DSI PFs for the smallest areas relative to the other categories, 

whereas they display the highest number of PFs for the largest areas. The PFs also display a 

distinct seasonality within the midlatitudes (Figure 3.6c), as non-DSI PFs show a considerable 

peak in each hemisphere’s summer months, while DSI PFs display a strong peak in the winter 

months. This seasonality is even more pronounced for non-DSI PFs in the high latitudes (Figure 

3.6f), with an extreme peak in the summer months and few during the rest of the year. However, 

DSI PFs are substantially different, with a peak in boreal spring in the Northern Hemisphere and 

a peak in early austral fall in the Southern Hemisphere. Nevertheless, DSI PFs are relatively 

common year-round within the high latitudes in both hemispheres. 
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Figure 3.6. Histograms for non-DSI (NDSI) and DSI PFs with GPS collocations over land (L, in 

red/cyan) and ocean (O, in green/yellow) within 35°-50° (top) and 50°-65° (bottom) from 2014 

to 2017 for various PF characteristics, including (a,d) maximum echo top heights (km), (b,e) area 

(km2), and (c,f) month of the year. NH and SH represent Northern Hemisphere and Southern 

Hemisphere, respectively. 

 

3.5. Results 

3.5.1 Relationship of PF Characteristics to UTLS Temperature Anomalies 
 
 This section focuses on extratropical PF characteristics and UTLS temperature anomalies 

within ±5 km of the PF LRT height. One of the primary goals of this section is to determine how 
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surface type as well as PF size and depth influences the magnitude of UTLS temperature 

anomalies. GPS RO temperature anomalies near both non-DSI and DSI PFs are separated by 

their surface properties (land or ocean) and further divided into subgroups based on PF size 

(area) and depth (RD) (Figures 3.7 and 3.9). For example, PFs reaching close to the LRT are 

grouped together within the “0.8-1.0” RD classification, while PFs reaching above the LRT 

(overshooting) are grouped within the “>1.0” classification. Finally, PFs are grouped by their 

month of occurrence (Figures 3.8 and 3.10) to determine any seasonal differences in anomalies. 

3.5.1.1 Non-DSI PFs 
 

Figure 3.7 displays the mean GPS RO temperature anomalies near non-DSI PFs over the 

extratropics (20°-65°). For all PFs classified by various RDs (Figure 3.7a), warm anomalies are 

observed for PFs within roughly 1.5 to 5 km below the LRT, ranging from 0.1 K to 0.8 K. 

Interestingly, the strongest warming (~0.8 K) occurs for the shallower PFs (RD<0.6) whereas 

weak warming occurs for deeper PFs reaching near or above the tropopause (RD>1). We 

speculate that this is because the more intense deep convection typically occurs in the earlier part 

of a storm’s life cycle (Machado et al., 1998). As a result, the cumulative influence of latent heat 

release that occurs around the core of the storm may not be sufficient to affect the surrounding 

environment yet (Houze, 1989; Schumacher et al., 2004). Above the upper tropospheric 

warming, a strong layer of cool anomalies centered on the PF LRT is observed, ranging from 

roughly -2.5 to -3 K. Both the shallowest and deepest PFs show comparable magnitudes of 

strong cooling. Above the cooling layer, warming of 0.5 to 1 K is generally observed with the 

largest magnitudes for the deepest overshooting PFs, although nearly zero anomalies are 

observed for the shallowest PFs. There are major differences in anomaly magnitude between 

land and oceanic PFs (Figure 3.7b and c), with much more variation evident for oceanic PFs. For 



                                                

  

   

73 
 

example, oceanic PFs display a wide range of anomalies below the tropopause layer, with 

moderate warming for the shallower RDs and strong cooling for the deeper RDs. However, 

warming is observed for all land PF RD categories. Additionally, the largest anomaly 

magnitudes occur near oceanic PFs, as the strongest tropopause-level cooling, as well as 

warming below and above the tropopause, is observed in these groups. 

 

Figure 3.7. GPS RO temperature anomalies (K) near non-DSI PFs classified by relative depth 

(top) and area (bottom, in km2) for (a,d) all PFs, (b,e) land PFs, and (c,f) oceanic PFs. The 

number of PFs within each category is also displayed after each label. 
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Similar temperature anomaly patterns are seen for all PFs with different sizes (Figure 

3.7d). A clear increase in anomaly magnitude from smaller to larger PF size is observed 

throughout the vertical extent of the profiles. A warming layer is displayed up to 1.5 km below 

the LRT for all subgroups, with the largest PFs exhibiting the strongest warming (up to 0.8 K). 

The strongest cooling at the LRT also occurs for the largest PFs (roughly -3 K). Above the 

cooling layer, a much smaller range of anomalies is displayed, with minor warming (~0.3 K) 

observed for all PFs. Differences between land and ocean PF size subgroups are relatively minor 

(Figure 3.7e and f), highlighted by slightly stronger warming below the LRT and cooling at the 

LRT for oceanic PFs. Larger anomaly variation is again observed among different size oceanic 

PFs, but with much smaller variation compared to the RD dependency. 

The UTLS temperature anomaly patterns observed in this study for extratropical non-DSI 

PFs are similar to anomaly patterns displayed in previous research near tropical deep convection 

(e.g., Johnston et al., 2018). The warm temperature anomalies observed throughout the mid-to-

upper troposphere result from latent heat release in-and-near the convective clouds (Randel et al., 

2003; Gettelman & Birner, 2007). The cool anomalies near the convective tropopause have been 

characterized in a few different ways. Holloway & Neelin (2007) showed that as gravity waves 

spread convective warming through the free troposphere, hydrostatic pressure gradients will 

extend above the heating, causing divergence, ascent, and adiabatic cooling aloft. The convective 

“cold-top” should be thought of as an inherent part of quasi-equilibrium temperature adjustment. 

Khaykin et al. (2013) also discussed two cooling mechanisms: the first being nonmigrating tides 

generated by convective diabatic heating; and the second being the systematic injection and 

turbulent mixing of adiabatically cooled air by cross-tropopause updrafts. Previous studies have 

shown both warming and cooling in the layer above the tropopause, which is confirmed in this 
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study. For example, Chae et al. (2011) observed warm anomalies at these altitudes and 

downward motions above the convection. They suggested that strongly divergent flow and 

turbulent mixing near the cloud tops would mechanically drag the air just above the cloud 

outward, which would pull comparatively warmer lower stratospheric air down from above the 

clouds. 

Figure 3.8 displays the monthly mean temperature anomalies for non-DSI PFs within the 

extratropics in both hemispheres. The extratropics are separated into two bands to determine any 

latitudinal differences (20°-40° and 40°-65°). Throughout each hemispheric latitude band, large 

differences in the pattern and magnitude of anomalies are observed as the seasons change. 

Within 20°-40° N (Figure 3.8a), the magnitude of upper tropospheric warming remains similar in 

each month, although the sharpness of the transition from warm to cool anomalies does differ. 

However, tropopause-level cooling is weakest from late spring through early fall and strongest 

during the wintertime. The magnitude of summertime tropopause-level cooling (between 1.5-2 

K) is similar to results shown in previous research throughout the tropics (e.g., Johnston et al., 

2018). Considerable seasonal variation is displayed for the lower stratospheric warming. Similar 

results are also observed within 20°-40° S (Figure 3.8c). For example, the weakest tropopause-

level cooling is again observed during the summer whereas the strongest occurs during the 

winter. In contrast, seasonal magnitude changes generally show the opposite patterns in the high 

latitudes for both hemispheres. Within 40°-65° N and S (Figure 3.8b and d), the strongest 

tropopause-level cooling is seen during the summer whereas the weakest occurs during the 

winter. Upper tropospheric warming is slightly stronger in the high latitudes, with the strongest 

warming occurring during austral summer and boreal winter. Again, considerable variation is 

observed in the lower stratosphere. We attribute the seasonal magnitude changes in the two 
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latitude bands to seasonal variations in PF characteristics (not shown). Within 20°-40° N, the 

wintertime tends to have more frequent shallower but larger size PFs relative to the summertime, 

when more frequent deep convective cores with smaller sizes are observed. However, within 

40°-65° N, the shallower convection that occurs during the summer have larger areas than the 

wintertime PFs of similar depth. The Southern Hemisphere PFs also display similar 

characteristics albeit to a smaller degree as the majority of PFs occur over the ocean. This 

confirms the results from Figure 3.7 where PFs with larger sizes produced the strongest 

tropopause-level cooling. 
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Figure 3.8. Monthly mean GPS RO temperature anomaly profiles (K) near non-DSI PFs over a) 

20°-40°N, b) 40°-65°N, c) 20°-40°S, and d) 40°-65°S. The number of PFs within each category 

is also displayed after each label. 

 

3.5.1.2 DSI PFs 
 

Figure 3.9 displays the mean GPS RO temperature anomalies near DSI PFs within the 

extratropics (20°-65°), with clear differences in the anomaly vertical structure observed 

compared to non-DSI PFs. There is a well-defined pattern of increasing temperature anomaly 

magnitude for deeper RDs, as the strongest cooling in the upper troposphere more than doubles 

in magnitude for overshooting PFs compared to the shallowest PFs. For all PFs classified by 
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various RDs (Figure 3.9a), robust cooling is observed from 5 km below the LRT to roughly 0.5-1 

km above the LRT, with the magnitude of cooling increasing with altitude and RD. Maximum 

cooling occurs just below the LRT, ranging from -2 K for the shallowest RD to over -5 K for the 

deepest RD. Above the LRT, temperature anomalies rapidly transition to strong warming. 

Maximum warming increases with stronger RD (from 2 to 4 K) and occurs at progressively 

higher altitudes. Major temperature anomaly differences are evident between land and ocean PFs 

(Figure 3.9b and c). Throughout the extratropics, DSI PFs occur more frequently over the 

oceans, with around four times as many PFs observed relative to over land due to the increase in 

baroclinicity over the oceans. This stronger baroclinicity is reflected in anomaly magnitudes that 

are much larger near the oceanic PFs. This is especially true for deeper PFs reaching near or 

above the LRT (e.g., RD >0.8), where the maximum cool/warm anomalies can be 2-4 K stronger 

than PFs with a shallower RD. On the other hand, the weaker baroclinicity for land DSI PFs 

means less of a disparity between the mixing air masses, which results in smaller temperature 

anomalies and anomaly profiles that look more similar to non-DSI PFs. The temperature 

anomaly structure is similar for DSI PFs categorized by size (Figure 3.9d), with cooling in the 

upper troposphere and warming in the lower stratosphere both ranging from 1.5 to 3 K. 

Interestingly, larger tropopause-level anomalies are observed for PFs with smaller sizes. This is 

in direct contrast to non-DSI PFs, which display a distinct increase in anomaly magnitude as area 

increases. Differences in anomaly structure between land and oceanic PFs (Figure 3.9e and f) are 

less pronounced. In general, oceanic PFs still display larger anomaly variation between different 

sizes, but only on the order of 1-2 K compared to 2-4 K for different RDs. 
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Figure 3.9. GPS RO temperature anomalies (K) near DSI PFs classified by relative depth (top) 

and area (bottom, in km2) for (a,d) all PFs, (b,e) land PFs, and (c,f) oceanic PFs. The number of 

PFs within each category is also displayed after each label. 

 

It is worth noting the UTLS temperature anomalies (and tropopause anomalies shown 

later) observed near the DSI PFs are strongly influenced by extratropical dynamics rather than 

the just PFs themselves (unlike non-DSI PFs). Extratropical cyclones obtain their energy from 

sharp horizontal temperature and moisture differences between tropical and polar air (e.g., highly 

baroclinic environments). We speculate that the differences in the magnitude of temperature 

anomaly variation as DSI PF area and RD increase may be related to the maturing and 
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dissipation process in these extratropical cyclones. During the early stages of extratropical 

cyclone development, surface frontogenesis is accompanied by strong differential temperature 

advection of cold and warm air. At this stage, the PFs are often driven by large thermodynamic 

instability, with a stronger intensity, reaching higher altitudes, and having relatively smaller 

sizes. As the cyclone matures, the system becomes occluded, thereby growing in size but 

weakening in strength. This ensures continued dynamic mixing among the two contrasting air 

masses, which is displayed as weaker cooling in the upper troposphere. After the cyclone has 

mixed away the temperature contrasts across the front, there is no longer any potential energy 

available to keep the cyclone going so it dissipates. On the other hand, the larger, more mature 

systems have ample time to spread latent heat release to the surrounding upper tropospheric 

environment (evidenced in the strong warming displayed only near the largest PFs). However, 

these speculations need further validation through observations and model simulations in the 

future. Additionally, tropopause folding associated with deep frontogenetic forcing can occur 

commonly near and upstream of PFs in baroclinic environments (Uccellini, 1986). A tropopause 

fold is an extrusion of stratospheric air within an upper-tropospheric baroclinic zone that slopes 

downward from the normal tropopause level to the middle or lower troposphere (Reed, 1955). 

The fold is associated with a substantial lowering of tropopause heights and has been identified 

to be a contributor to upper-level frontogenesis and the rapid development of surface storms 

(Bosart and Lin, 1984; Uccellini, 1986). In summary, the DSI PFs themselves are not the only 

cause of the temperature anomalies observed relative to the nearby dynamical processes. 

However, the observed temperature changes can provide insight into the depth and size of the 

PFs that most commonly occur in a highly baroclinic environment. 
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Additionally, note that there may be a PF-type ambiguity within larger DSI PFs. For 

example, many large-size DSI PFs form along elongated cold fronts in the wintertime with a 

large meridional and small zonal extent. If the pixels identified by the GPM KuPR are 

contiguous along the length of the front, then the front would be considered a single PF. 

However, there may be some deeper convective features near the equatorward-end of the PF 

which may be some distance away from the stratospheric intrusion. While steps are taken to 

minimize this limitation (such as filtering out PFs with a distance greater than 2° between the PF 

center and the location of PF maximum height, see Section 3.2.1), some stronger convective 

features with more non-DSI characteristics may remain within large DSI PFs. 

Figure 3.10 displays the monthly mean temperature anomalies for DSI PFs within 40°-

65° in both hemispheres. For DSI PFs, even larger seasonal differences are observed in the 

pattern and magnitude of anomalies as the seasons change. In the Northern Hemisphere, 

wintertime PFs display cool anomalies throughout the entirety of the upper troposphere, with 

maximum cooling of -4 K occurring near the tropopause. Additionally, lower stratospheric 

warming is also at a maximum in the winter (~3 K). In contrast, summertime PFs display weak 

warming in the upper troposphere (~0.5 K) along with relatively weaker cooling (less than -2 K) 

near the tropopause and warming (~1 K) in the lower stratosphere. Anomaly magnitudes during 

the transition seasons generally remain in between summer and winter magnitudes. Similar 

results are also shown for the Southern Hemisphere PFs. Cool anomalies are observed 

throughout the entirety of the upper troposphere in all seasons but with stronger summertime 

cooling near the tropopause (-2 to -3 K). The larger-amplitude wintertime anomalies are likely 

due to stronger temperature contrasts fueling the development of intense midlatitude cyclones, 

which cause deeper tropopause folding and significant stratosphere-troposphere exchange. These 
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contrasts weaken significantly in the summer, leading to reduced dynamic UTLS mixing which 

results in anomaly profiles that look more similar to non-DSI PFs. 

 

Figure 3.10. Monthly mean GPS RO temperature anomaly profiles (K) near DSI PFs over a) 40°-

65°N and b) 40°-65°S. The number of PFs within each category is also displayed after each 

label. 

 

3.5.2 PF Relationship to Tropopause Height/Temperature Anomalies 
 
 The previous section (3.5.1) focuses on the relationship between PFs and the broad UTLS 

temperature structure throughout the extratropical region, where temperature anomaly profiles 
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are generated by normalizing the anomalies to each individual PF’s LRT height. Here we focus 

on the changes that occur specifically to the thermal tropopause near PFs. LRT height and 

temperature anomalies are generated by comparing the background tropopause with the 

tropopause that is observed after a PF has occurred. Two-dimensional histograms are constructed 

relating the RD and size of the PF to the magnitude of tropopause height and temperature 

anomalies observed. The PFs are binned using intervals of 0.1 for RD, and bin sizes increase 

logarithmically from 100 km2 to ~120,000 km2 for area. Contours of the number of PFs within 

each bin are also plotted (each bin must have at least 10 profiles).  

Figure 3.11 displays the LRT height and temperature anomalies for non-DSI and DSI PFs 

within the extratropics (20°-65°). Moderate LRT height decreases are observed (0.1 to 0.4 km), 

on average, for relatively small-size PFs and for PFs with a high RD and moderate size. In 

contrast, considerable LRT height increases (0.2 to 0.6 km) are observed for PFs with a low RD, 

with larger height increases for large-size storms. The corresponding temperature anomalies 

(Figure 3.11c) show a similar pattern but with the opposite sign compared to the height 

anomalies. For example, warm LRT temperature anomalies (0.1 to 1.0 K) are observed for 

smaller PFs along with moderate-sized PFs with high RD, whereas cool LRT temperature 

anomalies (0.1 to 2 K) occur for PFs with a low RD and ones with a high RD and large size. On 

the other hand, DSI PFs are consistently associated with negative LRT height anomalies (Figure 

3.11b) along with a corresponding large LRT temperature increase (Figure 3.11d). Much larger 

anomaly magnitudes are observed relative to non-DSI PFs. This is directly related to the sinking 

of stratospheric air near strong extratropical cyclones, which are mainly driven by baroclinic 

instability. We speculate that the properties of these PFs are related to the formation and 

development of these extratropical cyclones. Anomaly magnitude is larger for PFs with a 
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stronger RD, which likely occur in the earlier stages of cyclone development. The largest LRT 

height anomalies (-1.5 to -2.0 km) and temperature anomalies (6 to 8 K) are observed for storms 

with the highest RD, whereas the smallest LRT height anomalies (-0.25 to -0.5 km) and 

temperature anomalies (0.1 to 2 K) are seen for large-size PFs with a shallow RD, when cyclones 

are likely in the occlusion stage. 

 

Figure 3.11. Two-dimensional histogram (contour) and joint-distribution of lapse rate tropopause 

height and temperature anomalies (shaded) with corresponding PF size and relative depth for 

non-DSI (a,c) and DSI (b,d) PFs. 
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Figure 3.12 displays the observed LRT temperature/height anomalies (solid contours) 

along with the temperature anomalies at the PF LRT relative to the background profile at the 

same altitude (the anomalies at the “zero line” from Figures 3.7 and 3.9; shaded contours), as 

well as individual cases representing typical RO profiles near each type of PF. Non-DSI PFs 

throughout the extratropics (Figure 3.12a) display a wide range of tropopause anomalies, with 

LRT temperature anomalies up to ±12 K and height anomalies up to ±2.5 km. However, most of 

these samples are clustered near the middle with only a slight trend toward the lower-right 

quadrant. Most PFs are typically found in the upper-left and lower-right quadrants, which 

indicates that the tropopause is most commonly raised/cooled or lowered/warmed (with only a 

small fraction of samples showing the LRT can be lowered/cooled or raised/warmed). Even 

though the PF tropopause displays considerable variation relative to the background tropopause, 

strong cooling (shaded contours) is almost always observed for the PF LRT relative to the 

background temperature at the same altitude (which was displayed in Figure 3.7). The strongest 

cooling (between -8 to -10 K) occurs when the PF LRT is pushed much higher (e.g., 2 km), but 

notable cooling is also observed (between -2 to -6 K) even when the PF LRT is at a lower 

altitude than normal. This can be explained by a commonly observed type of profile seen in the 

lower-right quadrant and is shown in Figure 3.12c, where a PF-collocated GPS profile (red) is 

compared to its background profile (black). In this instance, the PF LRT is almost 1 km lower 

and 3 K warmer than the background LRT. However, note that the PF LRT is roughly 2 K colder 

than the background temperature at this altitude. Near the top of the PF (blue dotted line), the 

lapse rate increases compared to the background and a relative minimum temperature is observed 

above the convective cloud. Above the cloud top, an inversion commonly occurs, and then the 

temperature progresses towards another relative minimum at a slightly higher altitude. This often 
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results in a double tropopause structure, as a new, lower LRT forms near the cloud top and the 

second (higher) LRT remains either near or is pushed up a few kilometers above the 

climatological LRT, similar to previous results shown by Biondi et al. (2012). While this type of 

profile was infrequently observed throughout the entire extratropics, it was most commonly seen 

in the subtropics. Additionally, this type of profile was observed for PFs with a weaker RD as 

well as a stronger RD (this example shown is 0.893). Additional research into the formation of 

these “lower” tropopauses near the convective top is recommended, especially for determining 

how long this type of UTLS environment persists after PF occurrence. Similar to non-DSI PFs, 

DSI PFs throughout the extratropics (Figure 3.12b) display a wide range of tropopause 

anomalies. The amplitude of maximum anomalies nearly doubles for DSI PFs, with LRT 

temperature anomalies up to 20 K and LRT height anomalies near -4 km. Most samples are 

within the lower-right quadrant, indicating the PF LRT typically becomes much lower and 

warmer due to baroclinic dynamics (such as tropopause folding and potential vorticity 

streamers). Nevertheless, similar to non-DSI PFs, strong cooling is again observed at the PF LRT 

relative to the background temperature at the same altitude. However, the strongest cooling now 

occurs when the PF LRT height decreases the most. A typical GPS temperature profile for a 

high-RD DSI PF is displayed in Figure 3.12d. The PF-collocated temperatures are much colder 

than the background environment throughout the troposphere. The cold UTLS air descends 

deeply into the troposphere along a tropopause fold, which is associated with typical baroclinic 

features such as strong cold fronts and extratropical cyclones (Reid and Vaughan, 2004). The PF 

LRT shows a much sharper temperature transition, with a height about 2 km lower (at ~7.5 km) 

and temperature ~3 K warmer than normal. The tropopause inversion layer, which is a region of 

enhanced static stability above the extratropical tropopause associated with a narrow-scale 
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temperature inversion (Randel and Wu, 2010), occurs between ~7.5 km to 10.5 km and becomes 

somewhat stronger. Temperatures remain above normal throughout the lower stratosphere near 

the PF as a result of the intrusion of comparatively warmer air pulled down from the 

stratospheric overworld (Holton et al., 1995). This type of profile is the most common profile 

observed near DSI PFs, although there are some instances when the PF LRT can be pushed 

higher and become colder. 

 

Figure 3.12. Two-dimensional histogram of the PF LRT temperature (K) and height (km) 

anomalies (solid contours) and the joint-distribution of the temperature anomalies (K) at the PF 

LRT from Figures 3.7 and 3.9 (shaded contours) for (a) non-DSI and (b) DSI PFs. Also shown 

are examples of common PF-collocated GPS temperature profiles (red) for (c) non-DSI (2015-

07-05) and (d) DSI (2016-05-02) PFs along with their associated background profiles (black). 
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Dashed lines indicate the tropopause height and temperature for both profiles and dotted lines 

indicates maximum echo top height. 

 

It is also interesting to observe the distribution of PFs as a function of their potential 

vorticity values at the 320 K isentrope and their LRT height/temperature anomalies derived from 

the collocated GPS profiles (Figure 3.13). Note that positive PVU values indicate PFs within the 

northern hemisphere and negative PVU values indicate PFs within the southern hemisphere. 

Non-DSI PFs have the majority of samples clustered to minor/moderate effects on the LRT, 

although height anomalies can reach ±5 km and the corresponding temperature anomalies can 

reach ±20 K. However, there is a distinct change in the LRT height and temperature anomalies 

observed around ±2-PVU. The overwhelming majority of DSI PFs display much lower LRT 

heights than normal along with, in general, a corresponding LRT temperature increase (although 

note that Northern Hemisphere temperature anomalies show more variability). Additionally, the 

anomaly magnitudes tend to become larger as PVU values also become larger. These clear 

differences in tropopause anomalies further confirm that using isentropic potential vorticity 

(specifically at 320 K) is a useful technique for separating extratropical precipitation features. 
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Figure 3.13. Sampling contours for PFs collocated with GPS temperature profiles comparing the 

potential vorticity values (PVU) at the 320 K isentrope with the lapse rate tropopause height (a, 

km) and temperature (b, K) anomalies that occurred near the PF. Solid red lines separate non-

DSI and DSI PFs. 

 

3.6. Conclusions 

In this paper, the relationship between extratropical convection and the thermodynamic 

structure of the UTLS was studied by collocating precipitation features observed by the GPM 

dual-frequency precipitation radar with high vertical resolution GPS RO temperature soundings 

from 2014 to 2017. PFs were classified into two different synoptic conditions using potential 
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vorticity. UTLS temperature and tropopause height/temperature anomalies were calculated 

throughout the extratropics in both hemispheres (20°-65°). Anomalies were then studied for 

different PF sizes, depths, and surface types as well as classified by month of occurrence.  

For non-DSI PFs (Figure 3.7), warm temperature anomalies ranging from 0.1 K to 1 K 

were observed from roughly 5 km to 1.5 km below the LRT due to latent heat release in-and-near 

the convective clouds. This transitioned to a layer of strong cooling ranging from -2 K to -3 K 

centered around the PF LRT height which occurs due to the injection of adiabatically-cooled air 

near the tops of the PFs. Beginning about 1 km above the PF LRT, minor-to-moderate warming 

ranging from 0.2 K to 1 K was observed. On the other hand, DSI PFs (Figure 3.9) displayed 

distinctly different results. Strong cooling ranging from -2 K to -5 K was generally observed 

(except for large-size PFs) throughout the mid/upper troposphere, with maximum values 

occurring slightly below the PF LRT. The anomalies transitioned to moderate/strong warming 

above the LRT, ranging from 2 K to 4 K. This temperature anomaly pattern occurs due to strong 

horizontal dynamic mixing among contrasting tropical and polar air masses and is associated 

with tropopause folding and a lowering of the tropopause. These DSI PFs likely contribute 

considerably to the large temperature standard deviation observed throughout the upper 

troposphere within the mid/high latitudes (Figure 3.1). 

The relationships between PF depth/size and land/ocean contrast to anomaly magnitudes 

were also analyzed. For non-DSI PFs (Figure 3.7), the tropopause-relative depth (RD) displayed 

mixed results on anomaly magnitude. The strongest warming in the upper troposphere and 

cooling near the PF LRT generally occurred for PFs with the shallowest RD. In contrast, a 

consistent progression in anomaly magnitude was observed for upper tropospheric warming as 

well as cooling around the PF LRT as PF size increased. We speculate this may be related to the 
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life cycle of a PF, as intense overshooting convection typically occurs in the earlier stages of 

convective development and enough time may not have passed to spread the warming and 

cooling to the environment surrounding the PF. Under a different synoptic environment, DSI PFs 

(Figure 3.9) show the opposite results, as the strongest upper tropospheric cooling and lower 

stratospheric warming occurred near the deepest PFs, whereas the largest size PFs displayed the 

weakest magnitudes. We speculate that this is related to responses of temperature in the UTLS 

and properties of PFs under the different stages of extratropical cyclone development. The 

overall vertical structure of UTLS temperature anomalies was similar for land and oceanic PFs, 

but some key differences were evident. Anomaly magnitudes were generally stronger near 

oceanic PFs, especially for DSI PFs. This was expected, as baroclinicity is typically strongest 

near the coasts, especially over warm ocean currents in the wintertime. Additionally, much more 

variation in the temperature anomalies was evident for oceanic PFs of various sizes and RD. 

In addition, seasonal differences in anomalies for each synoptic environment were also 

explored. For non-DSI PFs between 20°-40° N/S in both hemispheres (Figure 3.8), tropopause-

level cooling was weakest from late spring through early fall and strongest during the 

wintertime. However, within the higher latitudes (40°-65° N/S), seasonal magnitude changes 

showed the opposite patterns, as the strongest tropopause-level cooling was seen during the 

summer whereas the weakest occurred during the winter. This is attributed to latitudinal seasonal 

variations of PF characteristics. For DSI PFs within 40°-65° N and S (Figure 3.10), wintertime 

PFs displayed cool anomalies throughout the entirety of the upper troposphere and the strongest 

near-tropopause cooling of any season. Additionally, lower stratospheric warming was also at a 

maximum in the winter. In contrast, summertime PFs displayed minor warming in the upper 

troposphere and weaker near-tropopause cooling. The larger-amplitude wintertime anomalies 
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likely occurred due to stronger temperature contrasts fueling the development of intense 

midlatitude cyclones, which cause deeper tropopause folding and likely more stratosphere-

troposphere exchange. 

Finally, the relationship between extratropical PFs and LRT height/temperature was 

quantified relative to PF area and RD. For non-DSI PFs, minor decreases in LRT height (-0.1 to -

0.4 km) and increases in LRT temperature (0.1 to 1.0 K) were generally observed, on average, 

for PFs with a deeper RD and small-to-moderate size (Figure 3.11a and c), whereas PFs with a 

shallower RD and large area displayed large height increases (0.2 to 1 km) and temperature 

decreases (-0.1 to -2 K). Overall though, non-DSI PFs throughout the extratropics display a wide 

range of tropopause anomalies, with LRT temperature anomalies up to ±12 K and height 

anomalies up to ±2.5 km (Figure 3.12a). Two types of UTLS temperature profiles were 

commonly observed for non-DSI PFs: 1) the PFs either push the tropopause higher and it 

becomes colder (Figure 3.3a); or 2) a double tropopause structure develops, with a new, lower 

tropopause forming near the top of the convective cloud beneath the higher climatological LRT 

(Figure 3.12c). DSI PFs were associated with much larger tropopause anomalies (Figure 3.11b 

and d). On average, LRT heights are 0.25 km to 2 km lower and LRT temperatures are 2 to 8 K 

warmer than normal during significant deep stratospheric intrusion events, indicative of general 

subsidence and tropopause folding. Additionally, height decreases of almost -4 km and 

temperature increases near 20 K were observed (Figure 3.12b). There is one common profile 

type observed near DSI PFs, as the LRT displays a much stronger than normal temperature 

transition and a robust tropopause inversion layer is seen (Figure 3.12d). 

 It is worth noting that there are some limitations in this study. First, GPM only provides a 

snapshot of the PF at the time of observation so it cannot capture the stage of storm development 
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(although it can be inferred to some extent). This additional information would be useful for 

providing a more in-depth explanation of the differences in the temperature anomaly magnitudes 

under different PF size and depth. Second, UTLS temperature and tropopause anomalies would 

ideally be determined relative to the larger neighboring environment of each PF. Unfortunately, 

this is not possible with current GPS RO sounding density, so a composite study in this paper is 

unable to describe the full influence of convection on its environment. Third, the amount of GPS 

RO soundings available in the extratropics has steadily declined in recent years, as satellite 

missions such as COSMIC have reached the end of their life cycle. The recently launched 

COSMIC-2A mission will only provide soundings within the tropics and subtropics, so 

additional GPS RO satellites are needed to provide necessary coverage throughout the 

extratropics. Finally, note that both TerraSAR-X and GRACE are on a sun-synchronous orbit, 

which could lead to less uniform local-time sampling compared to COSMIC. However, despite 

these limitations, these results suggest intricate relationships between different types of 

precipitation systems and the UTLS temperature structure and tropopause throughout the 

extratropics, as the sign and magnitudes of anomalies observed vary considerably under the 

different synoptic environments and for the various PF characteristics. It is hopeful that this 

study will enhance our understanding of extratropical convection, stratosphere-troposphere 

exchange processes, and lead to the continued improvement of PF representation in weather and 

climate models. Additional studies on the role that PFs play in moisture transport in the 

extratropical UTLS would also be beneficial in understanding extratropical STE and will likely 

be a topic of future research. 
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CHAPTER IV: CHARACTERISTICS OF THE EXTRATROPICAL TROPOPAUSE: 

BIMODALITY AND ITS RELATIONSHIP TO THE OCCURRENCE OF DOUBLE 

TROPOPAUSES 

 
4.1. Introduction 

 The tropopause is one of the most important locations of the atmosphere as it separates 

the turbulently-mixed troposphere and the more stable stratosphere (Anel et al., 2008) and these 

two layers of the atmosphere are chemically, dynamically, and thermally distinct (Holton et al., 

1995). A fundamental characteristic of the tropopause is the change in static stability across the 

interface (Randel et al., 2007). The World Meteorological Organization definition of the 

tropopause is based on thermal criteria using the temperature lapse rate (lapse rate tropopause, or 

LRT), which provides a convenient way to define the tropopause (World Meteorological 

Organization (WMO), 1986). The tropopause can also be defined by more general stability 

criteria using the potential vorticity-based dynamical tropopause (Hoskins et al., 1985) or the 

ozone-based chemical tropopause (Pan et al., 2004).  Characteristics of the tropopause and the 

surrounding region, the upper troposphere and lower stratosphere (UTLS), are important because 

the tropopause acts as a “two‐way gate” for the exchange of mass, water vapor, and chemical 

species between the troposphere and stratosphere (Fueglistaler et al., 2009). Specifically, 

stratosphere-troposphere exchange (STE) of ozone and water vapor has attracted substantial 

interest, because these two trace gases make significant contributions to atmospheric radiative 

forcing and their distributions and controlling mechanisms are important elements of chemistry-

climate interaction (Pan et al., 2009). The long‐term variability and trends of the tropopause 

height have been recognized as a climate change indicator (Birner, 2006; Homeyer et al., 2010) 

because of its location in a region of minimum temperatures and its sensitivity to changes in the 
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concentration of radiatively active species in the UTLS (Gettelman et al., 2011; Peevey et al., 

2014). For example, Santer et al. (2003) showed that tropopause height is closely associated with 

tropospheric warming and stratospheric cooling. Thus, continuous identification and monitoring 

of the tropopause has become an important topic in atmospheric and climate research and 

enhanced understanding of tropopause behavior can contribute knowledge to a variety of topics 

(Feng et al., 2011; Randel et al., 2007). 

 The boundary between the tropics and extratropics is often characterized by a split in the 

tropopause rather than a smooth transition, which results in discontinuities observed near the 

subtropical jet. Along this boundary, considerable variation in tropopause height has been 

observed in previous studies. For example, Seidel & Randel (2007) showed that tropopause 

heights can display a bimodal structure throughout the subtropics using radiosonde data. In these 

regions, the tropopause is sometimes at the height of the tropical tropopause and other times at a 

height typical of the extratropical tropopause which results in a clear separation of about 3–5 km 

between the two modes. Most importantly, the authors state that this feature is not simply a 

reflection of seasonal variability, as high and low tropopauses are observed in all seasons at a 

given station, although on summer (winter) days the tropopause does tend to be high (low). 

However, one of the main restrictions of the study is the limited spatial coverage of the 

radiosonde data, which results in observations at only a few locations over land. Additionally, 

seasonal variation of tropopause heights was not analyzed in the study. The location and strength 

of the subtropical jet is known to vary considerably with season, which could have an impact on 

when and where tropopause bimodality occurs.  Additionally, along the subtropical jet, the 

occurrence of multiple tropopauses have been found in atmospheric temperature profiles using 

radiosondes (e.g., Anel et al., 2008; Seidel & Randel, 2006) and satellite data (e.g., Castanheira 
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& Gimeno, 2011; Peevey et al., 2012). Much research has been done over the past few decades 

to better characterize this thermal structure. For example, it has been shown that a large 

percentage of temperature profiles display a double tropopause during the midlatitude winter 

(40-80%) and this frequency decreases into the summer (Peevey et al., 2012; Schmidt et al., 

2006). Early studies about the synoptic structure of double tropopause environments showed that 

they are related to upper-level jet stream frontal zones (Shapiro, 1980) while later studies have 

related them to ozone variability (Pan et al., 2004) and tropopause folding (Anel et al., 2008; 

Schmidt et al., 2006). Randel et al. (2007) showed that double tropopauses occur when the low 

latitude (tropical) tropopause extends to higher latitudes, overlying the lower tropopause. 

Additionally, they form most frequently above strong cyclonic circulation systems as this results 

in a lower stability in the lower stratosphere. However, while tropopause bimodality and frequent 

occurrences of double tropopauses both generally occur throughout the subtropics, no clear 

relationship between the two has been established in the literature up to this point. 

 The accurate, high vertical resolution temperature profiles provided by GPS Radio 

Occultation (RO) afford a unique opportunity to observe tropopause structure and variability 

with a substantially higher vertical resolution and better coverage than is available with other 

data (Anthes et al., 2008). Many recent studies have utilized GPS RO for this purpose, especially 

as the data record becomes longer which allows for more robust climatological studies. For 

example, Rieckh et al. (2014) studied tropopause characteristics using GPS RO data from 2001 

to 2013. They showed that variability in the subtropical tropopause break leads to a large spread 

in the tropopause height and temperature distribution in the 20° to 30° latitudinal band during 

winter. Additionally, they noted that the median tropopause height is systematically higher than 

the mean at these latitudes since most of the tropopause heights were at higher altitudes (e.g., 
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tropical) but some also show extratropical characteristics. Double tropopauses displayed weak 

latitudinal variations, with most second tropopause heights between 14 to 20 km in the 

extratropical winter hemisphere and between 18 to 20 km in the tropics. Son et al. (2011) also 

studied the fine-scale structure of the global tropopause using COSMIC GPS RO measurements. 

The authors found interesting intraseasonal variabilities in tropopause properties. For example, 

tropopause temperature and pressure show significant variability in the subtropics along the 

subtropical jet in both hemispheres, the storm track regions in the winter hemisphere, and the 

Tibetan plateau in JJA. However, their variabilities are minimum and zonally homogeneous in 

the deep tropics, suggesting that tropical deep convection plays only a minor role there. Zhang et 

al. (2014) also studied the global tropopause climatology using GPS RO data and found that the 

largest seasonal variations of tropopause heights occur in the subtropics, with variations of 2 to 4 

km observed within 30°-40° in both hemispheres. These results show that GPS RO provides a 

novel tool for monitoring tropopause variability, quantifying the relevant physical mechanisms, 

and measuring potential long-term changes (Anthes et al., 2008). 

 The purpose of this study is to better understand the climatological characteristics of the 

extratropical tropopause by examining tropopause bimodality and establishing how it relates to 

double tropopause occurrence. The three main questions we answer in this manuscript are as 

follows: 1) Where and when does tropopause bimodality occur? Tropopause bimodality has been 

shown to occur in specific locations and suggested to occur year-round, but a long global record 

of high-resolution temperature observations could provide additional insights into exactly where 

and when this phenomenon occurs; 2) What are the characteristics of the tropopause in the 

locations where bimodality occurs? When the tropopause displays bimodal characteristics, the 

synoptic environments are a combination of tropical and extratropical. Answering this question 
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will provide insight into climatology of the subtropical jet stream and how often each region 

observes each type of synoptic pattern; and 3) How does the occurrence of double tropopauses 

relate to bimodality? Double tropopauses have been shown to occur frequently throughout the 

subtropics (e.g., Anel et al., 2008; Castanheira & Gimeno, 2011; Peevey et al., 2012; Randel et 

al., 2007; Schmidt et al., 2006) in a similar location that tropopause bimodality has been 

identified to occur in, so answering this question could provide valuable insight into formation 

mechanisms and characteristics. To answer these questions, we use GPS RO soundings to 

identify tropopause heights, as GPS RO offers a relatively long data record of global 

observations of UTLS temperatures and tropopause heights with a high vertical resolution. The 

structure of the paper is as follows: Section 2 provides background on the GPS RO data used in 

this study; Section 3 describes the methodology used, including tropopause definitions and how 

tropopause bimodality is characterized; Section 4 presents the key results of the study, including 

displaying bimodal tropopause locations and characteristics and how they relate to double 

tropopause formation; Lastly, a summary is provided in Section 5. 

 

4.2. Data Description 

GPS Radio Occultation has emerged as a powerful technique in monitoring the Earth’s 

atmosphere by providing global observations of temperatures with a high vertical resolution in 

all-weather conditions (Anthes et al., 2008). The atmospheric refractivity � depends on 

conditions in the dry atmosphere, water vapor, and the ionosphere (Smith & Weintraub, 1953): 

� =  77.6
�


+ 3.73 × 10? �

�
− 4.03 × 10A �B

%�
                                                                             (1) 

where � is the atmospheric pressure (in hPa), � is the temperature (in K), � is the partial pressure 

of water vapor (in hPa), �� is the electron density (in electrons m-3), and C is the transmitted 



                                                

  

   

100 
 

frequency (in Hz) (Danzer et al., 2014). The ionospheric contribution is ignored since the 

ionospheric correction already happens on bending angle level (Vorob’ev & Krasnil’nikova, 

1994). In this study, dry temperature is used because it can be treated as an independent satellite 

retrieval, whereas the real temperature retrieval relies on a priori moisture information from 

ECMWF low resolution analysis. Note, however, the dry temperature retrieval is nearly identical 

to the real temperature in the UTLS region as moisture is negligible (Kursinski et al., 1997). To 

ensure this is the case, we only use dry temperatures < 240 K. The dry temperature is derived 

from the refractivity (1) by neglecting atmospheric humidity (Foelsche et al., 2008) such that: 

���� = 77.6 (
����

�
)                                                                                                                        (2) 

where ���� is the dry pressure (i.e., the pressure without water vapor) derived through 

hydrostatic integration. 

GPS RO soundings are obtained from the joint US-Taiwan six-satellite FORMOSAT-

3/COSMIC (FORMOSA Satellite Series No. 3/Constellation Observing System for 

Meteorology, Ionosphere, and Climate) mission (Anthes et al., 2008). The COSMIC 

constellation provided up to 2,500 soundings per day shortly after launch in 2006 with relatively 

homogeneous sampling coverage around the globe. However, the number of daily soundings has 

decreased to roughly 250-300 per day at the end of 2017. We obtained the reprocessed level-2 

RO profiles from CDAAC (COSMIC Data Analysis and Archive Center) at the University 

Center for Atmospheric Research (UCAR). The profiles are quality controlled by excluding the 

ones with “bad” flags (such as if the observation bending angles exceed the climatology by a 

specific threshold). We use the “atmPrf” product, which provides refractivity and dry 

temperature (����) from usually near the surface up to ~60 km. The vertical resolution of RO 

soundings varies from 0.2 km in the lower troposphere to 1.4 km in the upper stratosphere 
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(Anthes et al., 2008) with an average of 0.5 km in the UTLS. The retrieved profiles are reported 

as a function of geometric height above mean sea level and the location of each profile nearest to 

the surface is used.  

 

4.3. Methodology 

 To obtain extratropical tropopause climatological characteristics, COSMIC GPS RO 

temperature profiles are analyzed from 2006 to 2017. The thermal tropopause height is 

determined by the WMO lapse rate tropopause (LRT) definition (World Meteorological 

Organization (WMO), 1986): (1) The first tropopause is defined as the lowest level at which the 

temperature lapse rate decreases to 2 K km-1 or less, provided that the average lapse rate between 

this level and all higher levels within 2 km does not exceed 2 K km-1; (2) If above the first 

tropopause the average lapse rate between any level and all higher levels within 1 km exceeds 3 

K km-1, then a second tropopause can be defined by the same criterion as (1). Additionally, our 

tropopause-detection algorithm does not begin searching for the tropopause height until the 

height of the profile is 5 km above mean sea level to alleviate issues with dry temperature 

profiles in the lower troposphere. Each GPS profile is interpolated into a 10 m uniform vertical 

grid using a quadratic interpolation scheme and then smoothed to 500 m, which is roughly the 

native resolution for RO profiles in the UTLS altitude range. The GPS profiles are binned into 

2.5° latitude x 5° longitude grids and then the median background tropopause characteristics for 

each season are derived (December-January-February, March-April-May, June-July-August, 

September-October-November). The number of temperature profiles in each seasonal grid 

generally ranges from 250-350 profiles throughout the extratropics. 
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 Tropopause bimodality is evaluated using Otsu’s method (Otsu, 1979), an automatic 

image thresholding technique that creates a binary image based on setting a threshold value on 

the pixel intensity of the original image to separate the foreground pixels from background pixels 

(e.g., Bangare et al., 2015; Senthilkumaran & Vaithegi, 2016). This method searches for the 

threshold that maximizes the inter-class variance of a histogram, which is defined as the 

weighted sum of variances of the two classes: 

D� =  EFE�(G� − GF)�                                                                                                             (3) 

where E are class weights, G are class means, and the subscripts represent the two groups within 

the histogram. The method involves iterating through all the possible threshold values between 

each histogram bin and calculating a measure of spread for the pixel levels on each side of the 

threshold (so that the pixels fall in either the foreground or the background). Otsu’s method can 

also be applied to other cases of unsupervised classification besides image thresholding in which 

a histogram is available of some feature (such as tropopause heights) that is discriminative for 

classification (Otsu, 1979). Otsu’s method demonstrates good performance if the histogram 

displays a relatively deep valley separating two peaks. However, the performance of this 

technique can be limited by small sampling, small mean difference between the two classes, and 

large amounts of noise (Lee et al., 1990). Histograms of tropopause height distribution are 

generated for each grid in every season. Otsu’s method is then applied to determine whether the 

tropopause displays a bimodal distribution in that location. Figure 4.1 displays the LRT height 

histograms and inter-class variances for DJF and JJA for a grid over Florida (27.5°-30°N, 80°-

85°W). In DJF (Figure 4.1a), tropopause heights display a well-defined bimodal distribution, 

with two clear peaks and a sharp valley in between. The sum of the relative frequencies of each 

group of LRT heights show similar values (both near 50%) although the peak is considerably 
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larger for the higher heights. Additionally, an extremely large variety of heights are possible 

during the wintertime as heights range from 8.5 up to 19 km, indicating a mixture of tropical and 

extratropical environments occurring. The corresponding maximum variance (Figure 1c) is ~4.5 

and occurs at 15 km. In contrast, the histogram for JJA (Figure 1b) displays a near-normal 

distribution and the tropopause is consistently high (tropical). There is a small range of LRT 

heights displayed which results in a very low maximum variance (Figure 1d) of ~0.5. 

 

Figure 4.1. Tropopause height histograms and inter-class variances in DFJ (a,c) and JJA (b,d) for 

a grid located over Florida (27.5°-30°N, 80°-85°W). 
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Additionally, careful analysis of a considerable number of tropopause height histograms 

around the globe throughout every season revealed that two constraints that must be 

implemented to ensure that the tropopause heights are properly classified as bimodal. This is 

necessary because the detection algorithm assumes that the input histogram always has a 

bimodal distribution and most locations around the globe do not experience tropopause 

bimodality. These criteria are 1) the sum of the relative frequency of occurrences for each class 

must be at least 10%, and 2) the maximum inter-class variance of the histogram must be at least 

2.5. While these additional criteria may seem somewhat arbitrary, they ensure that the results 

only show locations that display a bimodal LRT height distribution and remove erroneous 

bimodal classifications, especially in many high latitude locations in which large tropopause 

height variation occurs. For example, over the high latitude North Atlantic Ocean in winter, large 

maximum variances (~2) are observed even though histograms show a near normal distribution 

because a wide range of tropopause heights can occur during the winter at these locations. 

 

4.4. Results 

4.4.1 Bimodal Tropopause Locations and Characteristics 
 
 This section examines the bimodality of the extratropical tropopause by determining 

where and when bimodality occurs and what the characteristics are of each mode. We first 

examine four locations analyzed by Seidel & Randel (2007; hereafter SR2007) that were 

classified as bimodal tropopause regions. These locations were studied using radiosonde data 

from 1979-2005 along with collocated NCEP/NCAR reanalysis data. The authors state that the 

bimodal tropopause feature is not simply a reflection of seasonal variability as high and low 

tropopauses are observed in all seasons at a given station, although on summer (winter) days the 
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tropopause does tend to be high (low) (Seidel & Randel, 2007). However, it must be noted that 

the analysis in the manuscript does not separate the data into different seasons. Figure 4.2 

displays the seasonal probability density functions (PDFs) of tropopause heights for the four 

SR2007 locations. The tropopause data is binned using 1-km bins from 5 km to 20 km. We note 

that our locations are gridded (2.5° lat x 5° lon) due to GPS RO sampling characteristics. Right 

away, a distinct seasonality in tropopause heights is observed in each region. In Beit Dagan 

(Figure 4.2a), bimodality occurs in DJF and MAM with very similar PDFs, as there are two well-

defined peaks with deep valleys in-between. However, bimodality is not evident in JJA and 

SON. Large peaks occur above 15 km (characteristic of the tropical tropopause) during these 

seasons with less-frequent occurrences of the lower tropopause heights. For Kashi (Figure 4.2b), 

seasonality is also observed but with opposite characteristics. Bimodality is now only observed 

in JJA and SON, with JJA displaying the larger peak for the higher (tropical) tropopause heights 

whereas the larger peak during SON is observed for the lower (extratropical) heights. In contrast, 

heights throughout DJF and MAM are almost exclusively of the extratropical variety. This 

difference between Beit Dagan and Kashi can be attributed to the differences in latitude, as Kashi 

is much farther north and experiences extratropical heights more frequently. At Perth (Figure 

4.2c), bimodality is observed in three seasons (MAM, JJA, and SON). In JJA, the total 

occurrence frequency of each mode is very similar whereas MAM and SON are skewed towards 

the tropical heights. The results at Durban (Figure 4.2d) are comparable, as bimodality is also 

observed in MAM, JJA, and SON with similar modal characteristics displayed. This result 

indicates that there is considerable seasonal variability in tropopause bimodality which contrasts 

with the results and statement provided in SR2007. Each location experiences large differences 
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in the occurrence frequency of the tropical and extratropical mode, and these variations occur 

due to seasonal variations in the location and strength of the subtropical jet (Peevey et al., 2012).  

 

Figure 4.2. Probability distribution functions (PDFs) of tropopause heights (km) in DJF (blue), 

MAM (green), JJA (red), and SON (purple) for Beit Dagan (a), Kashi (b), Perth (c), and Durban 

(d). 

 

 The next set of figures expand upon bimodal tropopause features by showing when/where 

tropopause bimodality occurs globally and what the characteristics are. Figure 4.3 shows the 

seasonal locations of bimodal tropopauses along with the altitude that separates the two modes. 

In general, bimodality occurs more frequently during the winter due to a stronger subtropical jet 
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and temperature contrasts (Randel et al., 2007). In DJF (Figure 4.3a), bimodality occurs in the 

Northern Hemisphere continuously throughout, on average, a ~10°-20° wide band between 20°-

40° with considerable zonal variations due to the location of the subtropical jet. Bimodality in 

the Southern Hemisphere generally displays a width of ~10° and demonstrates much less 

meridional movement, except off the western coast of South America. The threshold separating 

the two modes is generally highest in DJF, with many locations on the tropical side of the band 

experiencing height threshold values above 14.5 km. This occurs because the tropical tropopause 

heights are typically highest in DJF (~17 km) and lowest in JJA (~16 km) (Zhang et al., 2014). 

Substantial height threshold differences occur in Northern Hemisphere DJF, with ranges 

reaching 3 km or more between the northern and southern side of the band in the Northern 

Pacific. In MAM (Figure 4.3b), the Northern Hemisphere bimodal band begins to shrink in 

extent throughout the Western Hemisphere, with most of the occurrence relegated to the North 

American continent along with having high threshold values (≥14.5 km). However, occurrence 

remains similar to DJF throughout the Eastern Hemisphere or even increases in extent over the 

Asian continent. The Southern Hemisphere bimodal band characteristics are almost identical to 

DJF except for a slight shift equatorward (~5°) and a reduction in the tropical “tail” off the west 

coast of South America. In JJA (Figure 4.3c), the only remaining bimodal region throughout the 

Northern Hemisphere is over continental Europe and Asia. This region is much farther north 

(generally between 40°-50°) and is associated with the Asian monsoon circulation. The Asian 

monsoon circulation includes a strong anticyclonic flow in the UTLS and double tropopauses 

frequently occur on the poleward flank of this anticyclonic circulation (the region of westerly 

zonal winds), where the tropical tropopause (near 16 km) extends poleward to almost 60° 

(Randel et al., 2007). As a result, threshold heights remain relatively high (mainly between 13.5-
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14.49 km) even at these higher latitudes. In the Southern Hemisphere winter, zonal extent 

remains relatively similar to the other seasons, although the threshold height is generally lower. 

In general, bimodality occurs more frequently in the Northern Hemisphere winter, similar to 

double tropopause frequencies shown in Peevey et al. (2012). This could be due to hemispheric 

differences in land-ocean distribution (Schmidt et al., 2006), as the number of large mountain 

ranges in the Northern Hemisphere enhances the propagation of topographically forced planetary 

waves. In SON (Figure 4.3d), Northern Hemisphere bimodal extent begins to increase, especially 

throughout the West (such as over the northern United States). The location continues to remain 

at relatively higher latitudes (exclusively poleward of 30° and up to almost 50°) and height 

thresholds are dependent on latitude. 
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Figure 4.3. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of bimodal tropopause 

height locations and threshold values for separating the two modes. 

 

 Next, we expand on the previous figure by showing the total relative frequency of 

occurrence for profiles with tropopause heights within the lower mode in Figure 4.4. As 

expected, the modal frequency of occurrence displays a distinct shift within each band of 

bimodal tropopause heights within all seasons, as the tropical side of the band typically has fewer 

profiles with tropopause heights within the lower mode (<40% occurrence) whereas the 

extratropical side has many more occurring within the lower mode (>60%). This shift occurs 

relatively quickly (over the course of 2.5°-5° latitude) due to the characteristic “tropopause 
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break” that occurs at this latitude, as the tropopause dips rapidly from the tropics to the 

extratropics. Double tropopauses also occur frequently around this region. These features are 

also associated with the characteristic break in the thermal tropopause near the subtropical jet 

where the tropical tropopause extends to higher latitudes, overlying the lower extratropical 

tropopause (Randel et al., 2007). Thus, the observed bimodality, especially along the tropical 

side of the bimodal region, may be directly related to these double tropopause environments and 

is investigated further in the next section. 

 

Figure 4.4. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of bimodal tropopause 

height locations and total relative frequency of occurrence (%) of profiles with tropopause 

heights within the lower mode. 
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4.4.2 Relationship of Double Tropopause Environments to the Occurrence of Bimodality 
 
 This next section will investigate the relationship between double tropopauses and 

bimodality. First, it is useful to show what typical DT temperature profiles often look like in 

order to get a better idea of the type of synoptic environment present. Figure 4.5 shows 

individual profiles with DTs from the same SR2007 regions discussed in Figure 4.2 (Beit Dagan, 

Kashi, Perth, and Durban) during specific seasons whenever bimodality is occurring. There are 

two profile types shown for each location: the blue profile is when the first (lower) LRT height is 

below the bimodal tropopause height threshold and the red profile is when it is above the 

threshold. In Beit Dagan (Figure 4.5a) and Perth (Figure 4.5c), the profiles are obtained from the 

winter while the profiles for Durban (Figure 4.5d) are obtained from the fall. For all three 

locations, the two types of profiles look considerably different. The DT profiles with tropopause 

heights in the lower mode (LM) all have tropopause heights below 12 km. A strong inversion 

occurs just above the tropopause and this layer is known as the tropopause inversion layer, which 

is a region of enhanced static stability above the extratropical tropopause associated with a 

narrow-scale temperature inversion (Randel & Wu, 2010). This layer can be as shallow as 1 km 

(such as near Durban) or as thick as 4 km (such as near Beit Dagan). Then, above this layer, the 

temperatures begin to decrease again (albeit at a different lapse rate compared to below the first 

tropopause) until reaching a second tropopause near the typical tropical tropopause height (e.g., 

17 km near Durban). In contrast, the DT profiles with tropopause heights in the upper mode 

(UM) display a much warmer upper troposphere (up to 5 K). However, temperatures quickly 

become colder above the LM profile’s first tropopause, and the UM profile’s tropopause is 

generally 5-10 K colder. This indicates two different types of synoptic environments present 
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(tropical vs. extratropical). Additionally, profiles are shown for Kashi (Figure 4.5b) but are taken 

from the summer. These two profiles look very similar, but the main difference is the strength of 

the inversion around 10-11 km. The inversion is strong and well-defined in the LM profile but is 

not strong enough in the UM profile to be classified as a tropopause using the WMO definition. 

These differences are likely due to the previously discussed Asian monsoon circulation. The 

strength of the anticyclonic circulation and associated westerly winds influences the type of 

profile observed, as a stronger circulation will produce a stronger inversion (and vice versa). 

 

Figure 4.5. Typical individual double tropopause profiles when the first (lower) LRT height is 

below (blue) and above (red) the bimodal tropopause height threshold in each respective region 

for Beit Dagan (a), Kashi (b), Perth (c), and Durban (d). The blue and red dotted lines are the 
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locations of the first and second tropopause heights, while the black dashed line is the bimodal 

height threshold. 

 

 It is important to show where and how frequent double tropopauses happen to obtain a 

better idea of how their occurrence relates to bimodal tropopause height distributions. Figure 4.6 

displays the seasonal double tropopause frequency of occurrences along with the locations that 

display a bimodal distribution of LRT heights. Double tropopause frequencies are generally 

highest in the winter in each hemisphere, as NH DJF (Figure 4.6a) shows a large area of 

frequencies >50% (with some values between 60-70%) along the poleward edge of the bimodal 

region and SH JJA (Figure 4.6c) also displays a few areas with >50% frequency of occurrences. 

These values tend to decrease slowly through the seasons, with NH minimum frequencies 

occurring in SON and SH minimum frequencies occurring in MAM (generally <35%). 

Additionally, frequencies decrease rapidly towards the tropical side of where bimodality occurs 

as many locations observe frequencies <20%. Overall, the DT frequencies shown here agree 

relatively well with previous research on DT frequency, although our values are slightly lower 

than Schmidt et al. (2006), which saw maximum frequencies over 80% in some locations, and 

slightly higher than Peevey et al. (2012), which generally saw frequencies up to 50%. Both 

studies relate the high frequency of DTs in the subtropics to the zonal mean wind speeds at 200 

hPa, as the maximum zonal wind at this altitude serves as a rough indicator for the mean location 

of the jet streams (Peevey et al., 2012; Schmidt et al., 2006). The location of the bimodal region 

is generally close to the locations that experience a high frequency of DTs. However, the regions 

do not display a perfect overlap, as the highest DT frequencies often continue poleward beyond 

where bimodality was identified for up to 5°-10°.  
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Figure 4.6. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of the total frequency of 

occurrence (%) of temperature profiles with double tropopauses observed. The region that 

displays LRT height bimodality is outlined by the black and gold contours. 

 

 It is also useful to establish the type of environments most frequently associated with the 

formation of DTs and how the lower tropopause forms in these profiles. Thus, Figure 4.7 shows 

the percentage of double tropopause profiles that have their lower (first) tropopause height 

within that grid’s lower mode. Similar to Figure 4.6, there is a distinct meridional shift in the 

percentage of profiles that have their first tropopause (LRT1) within the lower mode. For 

example, in DJF (Figure 4.7a), DT profiles from almost the entire poleward side of the NH 
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bimodal band have a lower, or extratropical, tropopause height, as most grids display values of 

>80% (and some percentages are as high at 95%). In contrast, many grids on the tropical side of 

the bimodal band observe percentages of <50%. This indicates that often the lower tropopause at 

these latitudes is not necessarily of an extratropical origin. Additionally, there is a strong zonal 

dependence in the Northern Hemisphere, as latitudes such as 30° show considerable variation 

(such as percentages in Southeastern Asia <50% compared to the Eastern Pacific percentages of 

>80%). This same general pattern is evident across the rest of the seasons in the Northern 

Hemisphere. Less variation is evident in the Southern Hemisphere as most grids observe 

frequencies of >65%, except in JJA (winter) and SON (spring). This result shows that not all 

double tropopause environments are the same. While most DTs do in fact produce LRT1 heights 

of extratropical origin (in the lower mode), often over half of DT profiles have higher tropopause 

heights within the upper mode. Even though most of these bimodal locations on the tropical side 

of the bimodal band have lower DT frequency of occurrences (generally <35%), these types of 

profiles would play a significant role in tropopause bimodality in these locations. 
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Figure 4.7. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of bimodal tropopause 

height locations and the percentage of double tropopause profiles that have their first (lower) 

tropopause height within the lower mode. 

 

 The previous figure indicates that not all temperature profiles with double tropopauses 

are identical. Even though most DT profiles do have their LRT1 within the lower mode (e.g., of 

extratropical origin), there are still some with their LRT1 within the upper mode. Characterizing 

the different structures of these two types of DT profiles is important in analyzing their synoptic 

environments and how DTs contribute to bimodal tropopause height distributions. Figure 4.8 

shows the gridded seasonal mean temperature profiles for double tropopause profiles with 
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tropopause heights within the lower mode (solid lines) and the upper mode (dashed lines). Two 

Northern Hemisphere and two Southern Hemisphere grids were chosen based on bimodality 

occurring throughout most or all of the year in order to allow for more seasonal comparisons. 

Bimodality does not occur year-round in any Northern Hemisphere grids (so locations with only 

3 bimodal seasons sans JJA were chosen) whereas it does occur year-round in a few Southern 

Hemisphere grids. Right away, two different types of double tropopause synoptic environments 

are apparent for each location. In Figure 4.8a, profiles with lower mode DT profiles look very 

similar throughout all seasons, with LRT1 heights generally between 11-12 km and second 

tropopause (LRT2) heights near 17-18 km. In contrast, upper mode mean DT profiles in this 

region look more like single-tropopause tropical profiles as the finer scale features are smoothed 

out in the mean profiles, but little variation is evident again between the seasons. The lower 

mode profiles are generally 5-10 K colder throughout the upper troposphere but generally 

become ~5 K warmer above the lower mode profile’s LRT1. More seasonal variation is evident 

in Figure 4.8b, as both the lower mode and upper mode mean profiles display large differences in 

temperature at all altitudes along with tropopause height location. Both Southern Hemisphere 

locations (Figures 4.8c and 4.8d) display profile characteristics that look relatively similar. For 

example, the LM and UM mean profile temperature magnitude, LRT1 heights, and profile shape 

are almost the same in each season. In summary, these profiles provide additional evidence that 

there are considerable differences between double tropopause profiles depending on what 

altitude the LRT1 is occurring at, and these differences provide insight as to which large-scale 

environment is influencing the location at each time (tropical vs. extratropical). 



                                                

  

   

118 
 

 

Figure 4.8. Seasonal mean temperature profiles within four grids for double tropopause profiles 

with tropopause heights within the lower mode (solid lines) and the upper mode (dashed lines) 

for DJF (red), MAM (teal), JJA (blue), and SON (orange). 

 

 In the last two figures, profiles are classified by whether they have one or two tropopause 

heights in order to establish how tropopause bimodality changes for each type of profile and help 

determine which type of profile impacts the occurrence of bimodality in different locations. 

Bimodality is shown for double tropopause profiles in Figure 4.9 along with the altitude for 

separating the two modes. In general, the bimodal band is slightly reduced in extent relative to 

the results shown for all profiles (e.g., Figure 4.3), although in some locations its occurrence is 
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eliminated almost completely (such as over North America in SON). The locations of occurrence 

are generally more towards the tropical side of the previously identified bimodal region, as large 

portions of bimodality between 30°-40° now do not occur. The height threshold separating the 

two modes is generally lower for double tropopause grids in locations that overlap with all 

profiles, as the threshold is typically one category lower (e.g., up to 1 km lower). This indicates 

that double tropopause profiles often result in lower bimodal thresholds since their LRT1 heights 

are typically lower than the LRT1 height of single-tropopause profiles, even when both profiles 

are extratropical (lower) in nature. 
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Figure 4.9. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of bimodal tropopause 

height locations for profiles that have double tropopauses identified and threshold values for 

separating the two modes. 

 

Finally, we look at where bimodality occurs when only considering profiles that have 

been identified as having a single tropopause and display the altitude for separating the two 

modes in Figure 4.10. The bimodal band becomes much smaller in extent when studying single 

tropopause profiles, as its maximum width is generally only 2.5°-7.5° and shows many 

additional gaps. The location is shifted toward the poleward edge of the previously identified 

bimodal region throughout all seasons. For example, in DJF (Figure 4.10a), the NH band is 

confined between 30°-40° whereas before, many locations also observed bimodality between 

20°-30°. This shift towards the poleward edge continues for all seasons and both hemispheres, 

and in some locations the single tropopause bimodal band shifts poleward even slightly beyond 

the bimodal band displayed for all profiles. At the same time, the height threshold is generally 

higher for single tropopause-only grids in locations that overlap with all profiles, as the threshold 

is often one category higher (e.g., up to 1 km). This result, along with the other results previously 

shown, suggests that two main factors contribute to the occurrence of seasonal tropopause 

bimodality. On the tropical side of the bimodal band, bimodality is mainly due to the occurrences 

of double tropopauses. At these latitudes, profiles with only one tropopause identified are almost 

always more tropical in nature, as LRT heights are higher and occur in the upper mode (hence no 

bimodality shown in Figure 4.10). However, when double tropopause profiles occur at these 

latitudes (which is typically <30% of the time), their LRT1 heights are often occurring within the 

lower mode (between ~40-65% of the time), which results in bimodality. On the other hand, on 
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the polar side of the bimodal band, the main reason bimodality occurs is due to single tropopause 

profiles that are more tropical in nature. At these latitudes, double tropopauses occur very 

frequently (often >50% of the time) and when they do occur, their LRT1 height is almost always 

within the lower mode (>80% of the time and even up to 95%). Thus, if only double tropopause 

profiles are considered, most of these locations would not be classified as bimodal. However, 

single tropopause profiles have a mixture of lower (extratropical) and upper (tropical) mode 

tropopause heights occurring; hence, the bimodality seen at these latitudes in Figure 4.10.  

 

Figure 4.10. Seasonal distribution (a: DJF, b: MAM, c: JJA, d: SON) of bimodal tropopause 

height locations for profiles that only have a single tropopause identified and threshold values for 

separating the two modes. 
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4.5. Summary 

 In this paper, climatological characteristics of the extratropical tropopause were 

examined in order to determine where and when does tropopause bimodality occurs, what the 

tropopause characteristics were in these bimodal regions, and how the occurrence of double 

tropopauses relates to bimodality. First, four locations were chosen from the SR2007 paper (Beit 

Dagan, Kashi, Perth, Durban) to determine when bimodality occurred (Figure 4.2). A distinct 

seasonality in tropopause heights was observed in each region, which contrasts with the 

statement provided in SR2007 that bimodality occurs year-round in these locations. Additionally, 

each location experiences large differences in the occurrence frequency of the tropical and 

extratropical mode. 

Seasonal bimodal characteristics and a global distribution of when/where bimodality 

occurs were shown. Bimodality occurs more frequently during the winter due to the stronger 

subtropical jet and temperature contrasts. Bimodality occurs in the Northern Hemisphere winter 

in a ~10°-20° wide band between 20°-40° with considerable zonal variations due to the location 

of the subtropical jet. This band shrinks throughout spring and into summer as temperature 

contrasts weaken. However, bimodality persists in the summer over northern Asia due to a 

strengthening of the Asian monsoon circulation. Bimodality in the Southern Hemisphere 

generally displays a width of ~10° in all seasons and demonstrates much less meridional 

movement. In general, bimodal threshold heights (Figure 4.3) remain relatively high (>13.5 km) 

on the tropical side of the band and decrease quickly on the polar side of the band (<12.5 km) 

except in the Northern Hemisphere summer. The total relative frequency of occurrence for 

profiles with tropopause heights within the lower mode was also shown (Figure 4.4). There is a 
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distinct shift in frequencies within all seasons, as the tropical side of the band typically has fewer 

profiles with tropopause heights within the lower mode (<40% occurrence) whereas the 

extratropical side has many more occurring within the lower mode (>60%). This occurs 

relatively quickly (within 2.5°-5° latitude) due to the characteristic “tropopause break” that 

occurs at these latitudes. 

 The relationship between double tropopauses and bimodality was also investigated. 

Seasonal double tropopause characteristics within the bimodal tropopause height regions were 

shown, such as the frequency of occurrence (Figure 4.6). The location of the bimodal region is 

generally close to the locations that experience a high frequency of DTs. DT frequencies are 

highest in the winter. For example, NH DJF sees a large area of frequencies >50% along the 

poleward edge of the bimodal region and SH JJA also displays a few areas with >50% 

frequencies. These values tend to decrease steadily through the seasons. Additionally, frequency 

of occurrence decreases rapidly towards the tropical side of the bimodal band, with many 

locations seeing frequencies between 20% to 30%. Previous studies (e.g., Peevey et al., 2012; 

Schmidt et al., 2006) have shown a strong relationship between the high frequency of DTs in the 

subtropics to the zonal mean wind speeds at 200 hPa, as the maximum zonal wind at this altitude 

serves as a rough indicator for the mean location of the jet streams. The percentage of double 

tropopause profiles that have their LRT1 within that grid’s lower mode was also shown (Figure 

4.7). There is a distinct meridional shift in this percentage, as DT profiles from the poleward side 

of the bimodal band have a lower (extratropical) tropopause height (values of >80% with some 

up to 95%) whereas in contrast, many grids on the tropical side of the bimodal band observe 

percentages of <50%. This indicates that not all double tropopause environments are the same. 

While most DTs do have extratropical LRT1 heights (e.g., within the lower mode), certain 
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regions observe DT profiles with higher LRT1 heights more frequently (more tropical in nature). 

To examine this more closely, gridded seasonal mean temperature profiles for DT profiles with 

LRT1 heights within the LM and the UM were shown (Figure 4.8) in regions that experience 

bimodality through most or all of the year. Considerable differences are observed at each 

location between mean double tropopause profiles depending on what altitude the LRT1 is 

occurring at, and these differences provide more evidence as to which large-scale environment is 

influencing the location at each time (tropical vs. extratropical) and why bimodality is occurring. 

Finally, bimodal locations were shown for profiles that have been identified as having double 

tropopauses (Figure 4.9) or only having a single tropopause (Figure 4.10) along with their 

threshold altitudes. For double tropopause profiles, bimodality is slightly reduced in extent and 

shifts towards the equatorward edge of the previously identified bimodal region. The bimodal 

height threshold is generally lower for double tropopause-only grids that overlap with all 

profiles. On the other hand, the bimodal band becomes much smaller in extent (2.5°-7.5°) for 

single tropopause profiles and shows many additional gaps. Its location is shifted toward the 

poleward edge of the previously identified bimodal region throughout all seasons and in both 

hemispheres. The bimodal height threshold is also generally higher for single tropopause-only 

grids in locations that overlap with all profiles. 

 The results shown here suggest that two main factors contribute to the occurrence of 

seasonal tropopause bimodality. On the tropical side of the bimodal band, bimodality is mainly 

due to the occurrence of double tropopauses. At these latitudes, profiles with only one 

tropopause identified are almost always tropical in nature with LRT1 heights in the upper mode. 

However, when double tropopause profiles occur at these latitudes, their LRT1 heights are often 

occurring within the lower mode, which results in bimodality. On the other hand, on the polar 
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side of the band, the main reason bimodality occurs is due to single tropopause profiles that are 

more tropical in nature. At these latitudes, double tropopauses occur very frequently and their 

LRT1 height is almost always within the lower mode. Thus, if only double tropopause profiles 

are considered, most of these locations would not be classified as bimodal. However, single 

tropopause profiles have a mixture of extratropical and tropical LRT1 heights which results in 

the observed bimodality. Further research on this topic is planned farther down the line as more 

GPS RO data becomes available. A longer-term trend analysis of how tropopause bimodality is 

changing could be useful in providing a better understanding of tropopause behavior and 

interactions between the tropics and extratropics. 
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CHAPTER V: CONCLUSION 

 The role convection plays in the heat budget of the UTLS has become a major research 

topic over the past few decades because of the importance of convection in influencing climate 

processes by regulating stratospheric water vapor through direct injection, by enhancing thin 

cirrus cloud presence, and by modulating the ozone budget. However, the impact of convection 

on the UTLS temperature structure has seen varying results between previous studies due to 

considerable limitations in both convection and temperature observations. The launch of the 

TRMM satellites has allowed an unprecedented mapping of deep convective characteristics 

across the tropics and subtopics, and the more-recent launch of GPM has expanded these 

capabilities into the extratropics. Additionally, GPS RO temperature soundings have begun to fill 

gaps in temperature data by offering global observations of UTLS temperatures with a high 

vertical resolution in all-weather conditions. Through the combined use of these datasets, this 

study has provided new insight into upper tropospheric and lower stratospheric temperature 

structure variations over both tropical and extratropical precipitation systems. 

 In the tropics, deep convection was analyzed in two different regions and produced a 

layer of warm anomalies in the upper troposphere (0.2 to 0.8 K) due to convective latent heat 

release. The anomalies transitioned to a layer of cooling near the tropopause (-0.4 to -1.5 K) 

which occur because as gravity waves spread the warming due to convective heating through the 

free troposphere, hydrostatic pressure gradients will extend above the heating, causing 

divergence, ascent, and adiabatic cooling aloft. In the lower stratosphere, a mixture of warming 

occurred in the PWP and cooling in the TACO region. The amplitude of diurnal temperature 

variation increased by 0.2-0.3 K at both 11 km and 17 km altitude in both regions after deep 

convection occurs, which confirmed the important role deep convection plays in enhancing the 



                                                

  

   

127 
 

UTLS diurnal temperature variation in the tropics. Land-ocean contrast played a significant role 

in determining anomaly magnitude. For example, over land, a layer of cool anomalies was 

observed within 14-22 km that range from -0.3 to -1.5 K, whereas over the oceans, the layer of 

cool anomalies generally is only within 14-17 km and a layer of warm anomalies developed 

above the tropopause within 17-20 km, ranging from 0.2 to 0.5 K. Finally, there is a clear impact 

of convection depth on the vertical temperature anomaly structure, as a robust pattern of 

increasing temperature anomalies was observed as convective depth increases. Additionally, it 

was shown that a combination of the minimum IR CTT and 20 dBZ echo top height is needed to 

obtain the full picture of convective effects to the UTLS temperature environment. However, 

deep convection with higher 40 dBZ heights do not lead to a larger magnitude of cool anomalies 

near the tropopause. This implies that presumably stronger deep convection with higher 40 dBZ 

heights do not necessarily reach overall higher altitudes or result in a more significant impact to 

UTLS temperatures compared to less intense convection. 

 In the extratropics, PFs were compared to two different synoptic background profiles 

using potential vorticity on the 320 K isentropic surface and then classified into non-DSI and 

DSI categories to quantify UTLS temperature and tropopause height anomalies under these two 

different types of environments. Extratropical non-DSI PFs displayed a similar UTLS 

temperature structure to tropical deep convection, as warm anomalies ranging from 0.1 to 1 K 

were observed in the upper troposphere, which transitioned to a layer of cool anomalies centered 

around the LRT ranging from -2 to -3 K, and then back to warm anomalies ranging from 0.2 to 1 

K in the lower stratosphere. On the other hand, DSI PFs displayed much different results, as 

strong cooling ranging from -2 K to -5 K was observed throughout the mid/upper troposphere, 

with maximum values occurring slightly below the PF LRT. The anomalies transitioned to 
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moderate/strong warming above the LRT, ranging from 2 K to 4 K. This temperature anomaly 

pattern occurs due to strong horizontal dynamic mixing among contrasting tropical and polar air 

masses and is associated with tropopause folding and a lowering of the tropopause. These DSI 

PFs likely contribute considerably to the large temperature standard deviation observed 

throughout the upper troposphere within the mid/high latitudes. The impact of PF depth and size 

to anomaly magnitude was analyzed. For non-DSI PFs, the largest anomaly magnitudes 

generally occurred for PFs with the weakest RD. In contrast, UTLS anomaly magnitudes 

consistently increased from the smallest to the largest PFs. These differences are related to the 

life cycle of a PF, as intense overshooting convection typically occurs in the earlier stages of 

convective development and enough time may not have passed to spread the warming and 

cooling to the environment surrounding the PF. DSI PFs showed the opposite results, as the 

largest UTLS anomaly magnitudes occurred near the most intense overshooting PFs, whereas the 

largest area PFs displayed the weakest magnitudes. We hypothesize that this is related to 

responses of temperature in the UTLS and properties of PFs under the different stages of 

extratropical cyclone development. The overall vertical structure of UTLS temperature 

anomalies is similar for land and oceanic PFs, but in general, anomaly variations and magnitudes 

are larger near oceanic PFs. Seasonal UTLS temperature anomalies were also explored in 

different latitude bands in both hemispheres. For non-DSI PFs, the strongest tropopause-level 

cooling was observed in different seasons from 20°-40° to 40°-65°, which is attributed to 

latitudinal seasonal variations of PF characteristics. For DSI PFs, the strongest upper 

tropospheric cooling and lower stratospheric warming occurred in the wintertime due to stronger 

temperature contrasts fueling the development of intense midlatitude cyclones, which cause 

deeper tropopause folding and likely more stratosphere-troposphere exchange. Finally, PF 
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impact to tropopause height was also quantified relative to both area and RD. For non-DSI PFs, 

minor decreases in LRT height (-0.1 to -0.4 km) were generally observed for PFs with a large 

RD and small-to-moderate size, whereas PFs with a small RD and large area displayed large 

height increases (0.2 to 1 km). This resulted in two commonly observed types of UTLS 

temperature profiles, as the PFs either push the tropopause higher and it becomes colder, or a 

double tropopause structure develops with a new, lower tropopause forming near the top of the 

convective cloud beneath the higher climatological LRT. DSI PFs were associated with much 

larger tropopause anomalies as height decreases ranged from 0.25 km to 2 km during significant 

deep stratospheric intrusion events, indicative of general subsidence and tropopause folding. One 

common type of profile was observed, as the LRT displayed a much stronger than normal 

temperature transition and a robust tropopause inversion layer was seen. 

 Finally, climatological characteristics of the extratropical tropopause were examined in 

order to determine where and when does tropopause bimodality occurs, what the tropopause 

characteristics were in these bimodal regions, and how the occurrence of double tropopauses 

relates to bimodality. First, four locations were chosen from Seidel & Randel (2007) to 

determine when bimodality occurred. A distinct seasonality in tropopause heights was observed 

in each region, which contrasts with their statement that bimodality occurs year-round in these 

locations. Overall, tropopause bimodality occurred in the Northern Hemisphere winter in a ~10°-

20° wide band between 20°-40° latitude with considerable zonal variation due to the location of 

the subtropical jet. This band shrinks throughout spring and into summer as the jet weakens. 

However, bimodality persisted in the summer over northern Asia due to strengthening of the 

Asian monsoon circulation. Bimodality in the Southern Hemisphere generally displayed a width 

of ~10° in all seasons and demonstrated much less meridional movement. The height threshold 



                                                

  

   

130 
 

separating the two modes was much higher on the tropical side of the band (>13.5 km) and 

decreased quickly towards the polar side of the band (<12.5 km), except in the Northern 

Hemisphere summer. Additionally, the total relative frequency of occurrence for profiles with 

tropopause heights within the lower mode showed a distinct shift in frequencies within all 

seasons, as the tropical side of the band typically has fewer profiles with tropopause heights 

within the lower mode (<40% occurrence) whereas the extratropical side has many more 

occurring within the lower mode (>60%). This occurred relatively quickly (within 2.5°-5° 

latitude) due to the characteristic “tropopause break” that occurs at these latitudes. The 

relationship between double tropopauses and bimodality was also investigated. The location of 

the bimodal region is generally close to the locations that experience a high frequency of DTs. 

Frequencies were highest in the winter as, for example, NH DJF observed a large area of 

frequencies >50% along the poleward edge of the bimodal region and these values decreased 

steadily through the seasons. There was a distinct meridional shift in the percentage of double 

tropopause profiles that have their LRT1 within that grid’s lower mode, as DT profiles from the 

poleward side of the bimodal band have a lower (extratropical) tropopause height (values of 

>80% with some up to 95%) whereas in contrast, many grids on the tropical side of the bimodal 

band observe percentages of <50%. This indicates that not all double tropopause environments 

are the same. When analyzing bimodal locations for profiles that have been identified as only 

having a single tropopause, the bimodal band became much smaller in extent (2.5°-7.5°), showed 

many additional gaps, and its location was shifted toward the poleward edge of the previously 

identified bimodal region throughout all seasons and in both hemispheres. The results shown 

here suggest that two main factors contribute to the occurrence of seasonal tropopause 

bimodality. On the tropical side of the bimodal band, bimodality is mainly due to the occurrences 
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of double tropopauses, whereas on the polar side, bimodality is mainly due to single tropopause 

profiles that are more tropical in nature. 

 The results shown in this dissertation display the unique characteristics of the UTLS and 

the noteworthy impact that both tropical and extratropical precipitation systems have on its 

thermodynamic structure. Additionally, these results suggest there are intricate relationships 

between different types of precipitation systems and their properties to the types of temperature 

anomalies that they produce. It is likely that this study will enhance the community’s 

understanding of both tropical and extratropical convection, stratosphere-troposphere exchange 

processes, and lead to the continued improvement of PF representation in both weather and 

climate models. Future research topics will attempt to address some of the key limitations of this 

study. For example, TRMM/GPM only provide snapshots of the convection at the time of 

observation. Thus, the stage of development of the convection is unknown (although can be 

inferred to some extent). This has left gaps in our ability to fully explain some of the types of 

anomalies observed in this study. The newly developed Integrated Multi-satellitE Retrievals for 

GPM (IMERG) dataset has shown very promising ability to track and identify storm stage of 

development. The precipitation information obtained from IMERG can be collocated with 

thermodynamic profiles from the recently launched COSMIC-2 constellation throughout the 

tropics and subtropics, as many more collocations will now be possible due to the increase in 

tropical sampling associated with COSMIC-2. Then, the time that the temperature profile 

occurred relative to the stage of the storm can be recorded, which will allow for the ability to 

determine differences in temperature anomaly magnitude for the early/mature/dissipation stages 

throughout both the convective latent heating region of the mid/upper troposphere and adiabatic 

cooling region near the tropopause. 
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